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Abstract

Greenhouse gases and absorbing aerosols warm the climate system by absorbing ra-

diation. At the same time, aerosol particles also have the potential to significantly

alter cloud microphysics. This thesis explores the hydrological implications of the

radiative and microphysical perturbations using cloud-resolving model (CRM) and

global climate model (GCM) simulations.

Absorption from greenhouse gases and absorbing aerosols heats the atmosphere

on the fast time scales of days to months, thereby reducing mean precipitation. It

is identified using CRM simulations in radiative-convective equilibrium (RCE) that

the reduction mainly comes from weak, rather than strong, precipitation events. The

intensity of strong events is maintained by a compensation between an increase in

boundary layer moisture and a reduction in updraft frequency.

An often-cited hypothesis in aerosol-cloud interactions is that increased cloud

droplet number concentrations allows more cloud water to be lofted above the freez-

ing level, releasing additional latent heat that invigorates convection. Our RCE ex-

periments show that ice processes are not necessary for convective invigoration, with

the evaporation of cloud droplets playing a more important role.

To address the effects of spatial inhomogenity of aerosol distributions on extreme

events, we investigate the effect of different spatial distributions of black carbon

aerosols on tropical cyclone (TC) statistics on fast time scales using the Geophysical

Fluid Dynamics Laboratory (GFDL) GCM HiRAM. Free-tropospheric black carbon

is much more effective than boundary layer black carbon in altering TC statistics.

The atmospheric heating of BC leads to larger reductions in TC intensity as compared

to carbon dioxide.

In boreal winter, the cold surges associated with the movements of the Siberian

high contribute significantly to mean and extreme precipitation over the Maritime

Continent. Using simulations from the GFDL AM4, we predict increases in surge
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precipitation under surface warming. The increase in surge precipitation is amplified

under a more realistic spatial pattern of warming.

The physical understanding obtained by the combination of theory and models in

this thesis serve as a guide for policymakers in planning for rainfall under a changing

climate.
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Chapter 1

Introduction

1.1 Motivation

The bulk of Earth’s precipitation falls in the tropics, nourishing and sometimes de-

stroying the habitats of the majority of its species and human population. Precip-

iation takes place in the form of weak drizzle or strong events such as convecting

thunderstorms. Disorganized events triggered by surface heating (‘popcorn’ convec-

tion, Martin and Suomi (1972)) serve as an important source of precipitation, and

can be responsible for flash floods (National Environmental Agency, 2010). On larger

scales, convection can exhibit coherent structures through their interaction with the

environment. One example is the tropical cyclone, which typically undergoes genesis

in warm, moist oceanic regions (Gray, 1968). Organized by Earth’s rotation, the

broader circulation of the TC extends up to O(100km) from the eye (Schenkel et al.,

2017). The destruction tropical cyclones can cause is illustrated by Typhoon Yolanda

(Haiyan), which cost $43 billion Philippine pesos (approximately USD 900 million) in

damages after it hit the Philippines (NDRRMC, 2014)). At the same time, typhoons

supply almost half (47.5%) of the rainfall in Taiwan during July - September, thereby

serving to support agricultural activity (Chen et al., 2010). Another is the equatorial
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cold surge (Chang et al., 1979) triggered by movements of the Siberian High during

boreal winter (Ding, 1993). After being warmed and moistened by surface fluxes over

the South China Sea (Johnson and Houze, 1987), the surge winds deposit rainfall on

the Maritime Continent, the mixture of land and ocean that separates mainland Asia

from Australia. The presence of cold surges is one reason why precipitation in the

Maritime Continent peaks in boreal winter, thereby supporting the growing season in

Indonesia (e.g. Naylor et al., 2007). Cold surges are also responsible for extreme rain-

fall events across the Maritime Continent (Tangang et al., 2008; Pullen et al., 2015;

Lim et al., 2017). Given the myriad impacts of precipitation, we seek to understand

how its intensity and frequency distribution is shaped by anthropogenic influences.

Humans impose a significant perturbation on the climate system by burning fossil

fuels and biomass, which releases greenhouse gases and aerosols. Greenhouse gases

are well-mixed in the atmosphere with a lifetime of decades to centuries, and con-

tribute a radiative forcing of 2.54-3.12 W m−2 (Myhre et al., 2013), mostly due to

absorption of longwave radiation. Aerosols are tiny solid or liquid particles which are

removed from the atmosphere via gravitational settling and dry and wet deposition

(Seinfeld and Pandis, 2012) in days-weeks (e.g. Bond et al., 2013), and thus exhibit

high concentrations close to their sources, particularly in Asia, America, and Europe

and largely confined within the lowest two kilometers of the atmosphere (Boucher

et al., 2013). Depending on their chemical composition, aerosols can either absorb

or scatter shortwave and longwave radiation (the direct effect). In addition, aerosols

can also alter cloud albedo (Twomey, 1974) and lifetime (Albrecht, 1989), known as

the indirect effects. Strongly absorbing in the shortwave, black carbon contributes a

radiative forcing of 0.3-1.1 W m−2, a heating second only to that of greenhouse gases

(Myhre et al., 2013).

To reason effectively about the consequences of the spatially complex and mech-

anistically diverse anthropogenic forcing on tropical precipitation, this thesis places
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heavy emphasis on identifying physically robust constraints. One such constraint is

the global atmospheric energy balance between surface sensible and latent heat fluxes

and radiative cooling. To leading order, in the global-mean, this constraint dictates

that increases in column-integrated atmospheric absorption of radiation are balanced

by reductions in latent heating from precipitation (e.g. Allen and Ingram, 2002). By a

moisture budget argument, a decrease in precipitation acts to weaken the atmospheric

circulation (e.g. Held and Soden, 2006). In contrast, high precipitation extremes are

constrained by the balance between adiabatic cooling from the vertical advection of

moisture and latent heat from condensation (e.g Muller et al., 2011). Chapter 2 helps

extend the two constraints to the intensity distribution of precipitation.

Besides interacting with radiation, aerosols can also alter the intensity of convec-

tion and precipitation (e.g. Andreae et al., 2004; Rosenfeld et al., 2008; Lebo and

Seinfeld, 2011). An oft-cited mechanism (Rosenfeld et al., 2008) is that latent heat

from freezing serves as a source of buoyancy that invigorates updrafts, but the rele-

vance of this hypothesis in the climate setting has not been rigorously tested. Through

testing this hypothesis, Chapter 3 uncovers the role of various microphysical processes

through which increased aerosol concentrations alter convection.

Additional constraints on organized convection can be obtained by examining

the mechanisms governing the underlying physical phenomena. Conceptualizing of

the tropical cyclone (TC) as a ‘heat engine’ that converts surface heat fluxes to

mechanical energy in the form of winds (Emanuel, 1986), the potential intensity

theory serves as a theoretical bound on TC wind speeds. Together with climatological

factors known to favor TCs such as mid-tropospheric ascending motions and low wind

shear, PI has been used in the construction of indices that predict TC genesis (e.g.

Camargo et al., 2007b). The applicability of genesis predictors and PI in the face of a

spatially inhomogenous forcing such as absorbing aerosols has received relatively little

attention, motivating the work of Chapter 4. In addition, an explicit investigation

3



into the behavior of cold surges under warming remains absent from the literature.

Chapter 5 addresses this gap by investigating how the mechanisms which govern surge

rainfall change under surface warming.

1.2 Overview

This thesis seeks to understand the multi-faceted influences of greenhouse gases and

absorbing aerosols on tropical precipitation. Chapters 2 and 3 focus on a mechanistic

understanding of simulated clouds and convection in the idealized setting of radiative-

convective-equilibrium using a cloud-resolving model. Chapter 2 investigates the fast

response of precipitation intensity to atmospheric heating. We analyze the roles of

free-troposphere and boundary heating on near-surface temperature. Chapter 3 ana-

lyzes the impact of increases in cloud droplet number concentrations on convection.

We make use of mechanism denial experiments to identify the key physical processes

underlying the changes in convection.

Chapters 4 and 5 explore how aspects of intense tropical precipitation interact

with the changes in the large scale circulation brought about by the heating from

greenhouse gases and absorbing aerosols. In Chapter 4, we find that the fast response

of the atmosphere to heating from black carbon aerosols acts to reduce the frequency

and intensity of tropical cyclones. We relate the changes in tropical cyclone statistics

to changes in environmental parameters known to influence TC behavior. Chapter 5

explores the effect of surface warming precipitation over the Maritime Continent in

boreal winter, with an emphasis on cold surges. Chapter 6 concludes with a summary

of the work and its implications, together with a discussion on the limitations of this

thesis and how they might be addressed in future work.

Chapter 2 is joint work with Yi Ming and Nadir Jeevanjee, and Chapters 3-5 are

joint work with Yi Ming. Chapter 2 forms the basis of Chua et al. (2019); Chapter 4
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has been submitted to Journal of Climate. Chapter 2 has been presented at American

Geophysical Union (AGU) meeting in 2017 and 2018, the Asia-Oceania Geosciences

Society meeting (AOGS) in 2017, and the Gordon Research Seminar and Conference

(GRC) in 2017. Chapter 4 has been presented at the American Meterological Society

meeting in 2017, AGU 2015 and 2016, AOGS 2015, GRC 2015, and the Monsoons

and ITCZ Workshop 2015.
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Chapter 2

The fast response of precipitation

intensity to atmospheric heating

2.1 Introduction

Greenhouse gases and absorbing aerosols warm the climate by absorbing longwave and

shortwave radiation, respectively. Greenhouse gases represent the strongest anthro-

pogenic climate forcing, with top-of-the-atmosphere (TOA) values of 2.54-3.12 W m−2

(Myhre et al., 2013). Unlike well-mixed greenhouse gases, unevenly distributed ab-

sorbing aerosols can lead to local TOA forcing exceeding 20 W m−2 (e.g. Strong et al.,

2015). The radiative heating gives rise to a fast (days to months) atmosphere-land

response and a slow (years or longer) response that involves the ocean (e.g. Andrews

and Forster, 2010). Given the different time scales, the two responses can be approx-

imated as distinct. In fact, global climate model (GCM) simulations indicate that

the fast response to atmospheric absorption acts to reduce global-mean precipitation,

while the slow response has the opposite effect (Andrews et al., 2010; Ming et al.,

2010; Fläschner et al., 2016). Thus, one can study the fast response in isolation from

the slow response.
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On fast time scales, an increase in atmospheric radiative heating must be partially

balanced by a reduction in surface latent heat flux (and mean precipitation) (Andrews

et al., 2010; Bala et al., 2010; Dinh and Fueglistaler, 2017; Richardson et al., 2015).

This change in mean precipitation need not scale with, or even agree in sign, with

those of precipitation extremes. Under a quadrupling of CO2, GCMs consistently

simulate reductions in mean precipitation (-3 to -8%), but disagree on the sign of the

change in annual maximum daily precipitation (Sillmann et al., 2017).

Besides the lack of consensus among models identified by Sillmann et al. (2017),

there are many well-known reasons to doubt the capability of GCMs in simulating

extreme precipitation with parameterized moist convection, especially in the tropics

(O’Gorman, 2015). GCMs typically underestimate intense precipitation when com-

pared with observations, with the biases being more severe for low-resolution GCMs

(1◦ or coarser) (Stephens et al., 2010; Kopparla et al., 2013; Sillmann et al., 2013;

O’Brien et al., 2016). While the convective parameterization of a GCM can be altered

to better match observations, a troubling sign is that such a modification can lead to

larger changes in the frequency of heavy rain than a 2 K increase in sea surface tem-

peratures (SSTs) (Wilcox and Donner, 2007), casting in doubt the utility of GCMs

in studying extreme precipitation changes.

In light of the limited resolution of GCMs, we turn to cloud-resolving models

(CRMs) on a limited-area domain, which have been shown to produce realistic sim-

ulations of heavy rain events when forced with proper boundary conditions (e.g. Fan

et al., 2015; Lee et al., 2016; Hodzic and Duvel, 2018). Since what is at issue here is

the general characteristics of the fast response to atmospheric heating, we intention-

ally move away from detailed simulation of a particular region or event in favor of a

setting that is more representative of the climate system, namely radiative-convective

equilibrium (RCE). One advantage of RCE is that both energy and moisture are con-

served within the atmosphere, which need not be the case for individual events. RCE
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is an idealized representation of the atmosphere where radiation and convection bal-

ance in the absence of lateral energy transport. RCE studies of surface warming have

identified a strong link between precipitation intensity and boundary layer moisture

(e.g. Muller et al., 2011; Romps, 2011).

In this study, we investigate the fast response of precipitation intensity to at-

mospheric heating in a CRM. This motivates us to also analyze the boundary layer

energy balance in order to better identify the physical mechanisms through which

elevated heating affects boundary layer temperature and humidity. Existing works

have focused on the balance among surface sensible heating, radiative cooling and

entrainment of free-tropospheric air into the boundary layer (Ball, 1960; Lilly, 1968).

The entrainment term is often parameterized as a fixed fraction of the surface sensi-

ble heat flux (0.2 or 0.25 in Betts, 1973; Tennekes, 1973; Betts and Ridgway, 1989;

Betts, 2000; Cronin, 2013), implying that the sensible heat flux is tightly coupled

to the boundary layer radiative cooling. While Betts (2000) later recognized that

re-evaporative cooling might contribute to the boundary layer energy balance, a pos-

sible change in re-evaporation under warming is not taken into account explicitly

in the analytical models of climate sensitivity (Takahashi, 2009; Cronin, 2013). To

guide future theoretical development, we systematically evaluate the responses of the

boundary layer energy budget to boundary layer versus free-tropospheric heating.

2.2 Methods

We use the Advanced Research Weather Research and Forecasting (WRF) model

configured to run in RCE (Wang and Sobel, 2011). Radiative transfer is reduced to a

prescribed cooling rate in the troposphere (T > 207.5 K), and Newtonian relaxation

in the stratosphere to 200 K on a time scale of 5 days (Pauluis and Garner, 2006).

This highly idealized radiation scheme allows us to focus on the effects of imposed
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atmospheric heating without complicating factors such as water vapor feedback and

cloud radiative effect. Sub-grid diffusion is parameterized following the YSU bound-

ary layer scheme (Hong et al., 2006) in the vertical direction, and the Smagorinsky

two-dimensional scheme in the horizontal. The single-moment Purdue-Lin micro-

physics scheme (Lin et al., 1983; Rutledge and Hobbs, 1984; Chen and Sun, 2002)

contains six species: water vapor, cloud water, cloud ice, rain, snow and graupel.

Surface sensible and latent heat fluxes (SH and LH, respectively; both in W m−2)

are calculated using the bulk aerodynamic formula with a constant (0.005 kg m−2 s−1)

comprised of a drag coefficient of 0.001, a near-surface air density of 1 kg m−3 and a

constant near-surface wind speed of 5 m s−1:

SH = 0.005cp(Ts − Ta) (2.1)

LH = 0.005L(qsat − qa), (2.2)

where cp is the specific heat capacity of dry air (1004.5 J kg−1 K−1), L the latent

heat of vaporization of water in typical atmospheric conditions (2.5 × 106 J kg−1),

Ts surface temperature, Ta the lowest model level (or near-surface) temperature, qsat

the saturated water vapor mixing ratio at Ts, and qa the lowest model level water

vapor mixing ratio. As Ts and qsat are fixed, the simplifications made in Equations

2.1 and 2.2 imply that the only way to alter SH and LH is by adjusting near-surface

boundary layer temperature and humidity (Ta and qa).

All simulations are performed on a doubly-periodic domain of 96 × 96 gridpoints

with a horizontal spacing of 2 km. There are fifty vertical levels, nine of which are

in the lowest 1 km. Domain-average winds are relaxed to zero on a time scale of 2

hours to prevent wind shear from developing, similar to Tompkins and Semie (2017).

The surface temperature is set at 301.15 K, making the lower boundary conditions

horizontally homogenous. The two control simulations with different microphysical
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assumptions (to be discussed) are initialized with a warm bubble and are first per-

formed for 240 model days; the perturbation simulations are branched off day 180 of

their respective controls and last 60 model days. The last 20 days of hourly-mean

outputs from each simulation are analyzed. We use five consecutive, non-overlapping

20-day periods (days 220-320), obtained by extending the control simulations, for

assessing the noise level of any given variable. The difference between a control and

a perturbation is considered significant if it rises above the noise level.

The prescribed radiative cooling rate is at the default value (-1.5 K day−1) in

the first base case (BASE). It is reduced by half to -0.75 K day−1 throughout the

troposphere in HEAT. To isolate the boundary layer response to free-tropospheric

heating, we separate the uniform radiative heating into two complementary differen-

tial heating cases: halving the cooling only above 850 hPa (A850) and below (B850).

To assess the importance of rain re-evaporation in communicating free-tropospheric

heating to the boundary layer, we repeat all the simulations with a model config-

uration in which the rate of rain re-evaporation in the cloud microphysics scheme

is reduced by an factor of 10. The four additional cases are denoted by adding an

asterisk to the original case names. We will refer to the two groups of experiments

as full and partial re-evaporation, respectively. Throughout this chapter, a response

to heating is denoted with a δ.

2.3 Results

2.3.1 Domain-average responses

Through the energetic constraint, the radiative heating alters surface fluxes, thereby

affecting temperature, moisture, and precipitation. We begin by examining a set of

key domain-average quantities and their changes resulting from forced heating (Table

2.1). Relative to BASE, the tropospheric radiative cooling (from the surface to 200
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Table 2.1: Domain-average tropospheric radiative cooling (RA, W m−2), surface
sensible heat flux (SH, W m−2), surface latent heat flux (LH, W m−2), near-surface
temperature (Ta, K) and water vapor mixing ratio (qa, g kg−1), precipitation (P , mm
day−1), and changes in the perturbation cases. All changes are significant.

RA SH LH Ta qa P
BASE -145 19.5 127 297.3 14.4 4.4
δHEAT 72 -14.7 -54.9 2.9 4.3 -1.9
δA850 59 -11.1 -45.8 2.2 3.5 -1.6
δB850 13 -4.2 -7.5 0.8 0.6 -0.3
BASE* -145 9.4 137 299.3 13.6 4.7
δHEAT* 72 -9.3 -61.1 1.9 4.8 -2.1
δA850* 59 -4.7 -53.3 0.9 4.1 -1.8
δB850* 13 -6.3 -5.6 1.3 0.5 -0.2

hPa) is cut by half in HEAT. The resulting net heating is balanced by reducing both

surface sensible and latent heat fluxes with a ratio of δSH to δLH at 0.27, which

differs significantly from the Bowen ratio in BASE (0.15), suggesting that radiative

cooling plays a role in determining the Bowen ratio. Consistent with Equations

2.1 and 2.2, the near-surface temperature (Ta) increases by 2.9 K, while the near-

surface water vapor mixing ratio (qa) increases by 30%. [The latter is greater than

what one would expect from the Clausius-Clapeyron relation and assuming constant

relative humidity (RH) (about 20%). Indeed, the near-surface RH increases by about

10% (relative change) to make up the difference.] More quantitatively, according to

Equations 2.1 and 2.2, the changes in SH (δSH) and LH (δLH) can be written

as −0.005cpδTa and −0.005Lδqa, respectively, meaning that one can tie the near-

surface temperature and humidity changes directly to the imposed heating. It is,

nonetheless, unclear what determines the relative contributions of surface sensible

and latent heating, a point to which we will return in Section 2.4. The domain-

average precipitation (equivalent to latent heat flux) reduces by 43%, which is less

than the relative decrease in radiative cooling.

For the two differential heating cases, the column-integrated change in radiative

cooling in A850 is about 4.5 times of that in B850. This is understandable as it
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is approximately proportional to the pressure depth to which the perturbations are

applied [i.e. (850-200)/(1000-850)]. The ratio is 2.8 for δTa, and 5.8 for δqa and δP ,

suggesting that elevated heating is less effective at modifying surface sensible flux

(near-surface temperature), but more so at altering surface latent heat flux (near-

surface precipitation and moisture). It is still somewhat surprising to see that the

free-tropospheric heating has a substantial warming effect on the near surface, espe-

cially given that most of the sensible heating from the YSU scheme is placed in the

boundary layer. This suggests that when conjecturing a quantitative theory for the

partitioning of surface sensible and latent heating, one has to take into account the

vertical distribution of atmospheric radiative heating and the coupling between the

free troposphere and boundary layer (to be investigated in Section 2.3.3).

Relative to BASE, the decreased microphysical cooling in BASE* warms the

boundary layer by 2 K, reducing the surface sensible heat flux. The tropospheric

energy balance is restored by increasing the surface latent heat flux, which is consis-

tent with lower boundary layer humidity. The response of surface sensible heat fluxes

to the heating in HEAT* is much smaller (-9.3 W m−2) than that of HEAT (-14.7 W

m−2). Note that the surface sensible heat flux is close to zero in HEAT*. As com-

pared to the full re-evaporation counterparts, elevated heating becomes less effective

in inducing near-surface warming (1.9 K in HEAT* versus 2.9 K in HEAT, and 0.9

in A850* versus 2.2 K in A850). Consequently, the reduction in latent heat (precipi-

tation) is more pronounced in the partial re-evaporation cases with free-tropospheric

heating.
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Figure 2.1: Vertical profiles of (a) temperature (T , K), (b) water vapor mixing ratio (q, g kg−1), (c) equivalent potential
temperature (θe, K), (d) cloud fraction in BASE. (e-h) Changes in (a-d) due to heating (prefixed by δ) in HEAT, A850, and
B850. All changes rise significantly above the noise level.
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Figure 2.1 shows the vertical profiles of temperature (T ), water vapor mixing ratio

(q), equivalent potential temperature (θe) and cloud fraction in BASE (top row) and

their changes in the perturbation cases (bottom row). The temperature structure

in RCE follows that of a moist adiabat (Figure 2.1a), and to first order sets the

vertical structure of water vapor (Figure 2.1b) in the free troposphere. θe shows a

first baroclinic mode structure, with a minimum at around 500 hPa (Figure 2.1c).

Under heating, the near-surface warming extends throughout the troposphere, with

appreciable amplification in the middle and upper troposphere, as a consequence

of moist adiabatic control (Figure 2.1e). In contrast, the accompanying increase in

q is bottom-heavy, as in the control (Figure 2.1f). θe increases rather uniformly

throughout the troposphere (Figure 2.1g). As in Wang and Sobel (2011), a grid is

defined as cloudy if the total cloud condensate (water and ice) exceeds 0.005 g kg−1.

Cloud fraction has two maxima in the vertical direction (Figure 2.1d). One can regard

the lower one approximately as the lifting condensation level (LCL). It becomes lower

in HEAT as the near-surface RH increases (Romps, 2017). Note that the LCL remains

above 965 hPa (the boundary layer top used in this paper) in all experiments. The

cloud fraction in HEAT is approximately half of that in BASE (Figures 2.1d,h). The

domain-mean responses are qualitatively similar in the other simulations (e.g. Figure

2.4). Next, we explore connections between domain-mean quantities and precipitation

intensity.

2.3.2 Precipitation intensity

In this section we explore if the reduction in domain-mean precipitation shifts the

intensity distribution of precipitation. The domain-average precipitation of the events

at gridpoints where the hourly precipitation rate r exceeds a threshold value rt (in

mm day−1), is denoted as p(r>rt) (Figure 2.2a). By definition, p(r>0) is the domain-

average precipitation of all events (P ), which was discussed in Section 2.3.1. Figure
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2.2b shows p(r > rt) normalized by the domain-mean precipitation P . In BASE, the

top 50% of precipitation have precipitation rates exceeding 210 mm day−1. Despite

the substantial (43%) reduction in HEAT, the top 50% of precipitation falls with

precipitation rates exceeding 320 mm day−1 in HEAT. In this sense, the reduction in

precipitation is realized through a reduction in weak, rather than strong, events.

Figure 2.2c plots the hourly precipitation rate against 500-hPa (nearest model

level) vertical velocity (w) for all gridpoints in BASE and HEAT. Both quantities

are strongly correlated, especially for the events with appreciable positive (upward)

w (greater than ∼ 0.1 m s−1); a linear regression through the origin yields R = 0.66

for BASE and HEAT. Yet, the slope (k) for HEAT is 34% larger than for BASE,

meaning that the same ascending motion generates considerably more precipitation

in the former. This is consistent with the 30% increase in the average near-surface

water vapor mixing ratio (qa) as discussed above. One may also gather that vertical

velocity is generally weaker in HEAT than in BASE.

Figure 2.2d shows the probability of w exceeding a threshold wt for wt > 0.1 m s−1,

or
∫∞
wt
P(w)dw, where P(w) is the probability density function of w. Ascents are

relatively rare; on average only 1.0% of the grids have w larger than 0.1 m s−1.

The probability decreases by more than three orders of magnitude as wt increases to

5 m s−1. In HEAT, ascending motions become even less likely across the entire range

of wt, affirming the impression of weaker ascents from Figure 2.2c. The idealized

calculations of Pendergrass and Gerber (2016) suggests that a shift towards strong

events is accompanied by increased skewness in P(w). Indeed, skewness increases by

22% in HEAT (not shown).

To better understand the different responses of strong versus weak events, we

write the domain-average precipitation of the events with w greater than a certain

positive value wt [p(w > wt), wt in m s−1] approximately as:
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p(w > wt) = k

∫ ∞
wt

wP(w)dw. (2.3)

p(w > 0.1) is 2.3 mm day−1 in BASE, which accounts for slightly more than

half of the total precipitation (Figure 2.2e). The remaining is associated with very

weak ascents (less than 0.1 m s−1) and descents. p(w > wt) is consistently smaller

in HEAT for wt greater than 0.1 m s−1, making it easier to interpret the difference

between the two cases than in terms of p(r) (Figure 2.2a). By assuming that k is

independent of P(w), one can linearly decompose the difference [δp(w > wt)] into the

thermodynamic (δk) and dynamic (δP) terms:

δp(w > wt) ≈ δk

∫ ∞
wt

wP(w)dw + k

∫ ∞
wt

wδP(w)dw. (2.4)

Figure 2.2f indicates that although neglecting the nonlinearities underestimates

the difference between BASE and HEAT, it does capture some important character-

istics of the simulations [e.g. δp(w > wt) generally decreases as wt increases]. While

the thermodynamic effect owing to higher near-surface water vapor mixing ratio acts

to enhance precipitation, the dynamic effect in the form of weaker ascents tends to

lower precipitation. As the dynamic effect outweighs the thermodynamic effect, the

net result is a reduction of precipitation at a given wt. A similar cancellation is seen

when the full vertical velocity distribution is included (e.g. O’Gorman and Schneider,

2009; Fildier et al., 2017) (not shown). Additional experiments with doubling domain

size, increasing SSTs (+10 K) and halving the amount of prescribed heating confirm

the shift towards strong precipitation and the compensation between thermodynamic

and dynamic effects (not shown). The cancellation between the thermodynamic and

dynamic effects for strong events implies that energy balance is maintained by prefer-

entially reducing weak events. The key role of boundary layer moisture in maintaining
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the intensity of strong precipitation events motivates an analysis of the surface sen-

sible versus the latent heat response.

2.3.3 Boundary layer energy balance

In equilibrium, the processes that influence surface sensible heat fluxes (SH) are en-

capsulated in the boundary layer energy balance: SH + RAb + RE + EX = 0. SH

is the main energy source for the boundary layer in BASE (Figure 2.3a). Additional

heating is realized through the exchange of sensible heat with the free troposphere,

either explicitly resolved or parameterized at the sub-grid scale (EX), which is in-

ferred as a residual. The sink terms are radiative cooling (RAb) and re-evaporative

cooling (RE), calculated by integrating the radiative and microphysical heating rates

over the boundary layer. The latter takes place as rain falls through the unsaturated

boundary layer and is thus microphysical in nature. Somewhat surprisingly, the mag-

nitude of re-evaporative cooling is larger than that of radiative cooling, which is often

presumed to be the dominant sink term.

Figure 2.3b summarizes how the individual terms vary in the perturbation cases.

Although imposed radiative heating is clearly present in HEAT, the main balance is

between SH and RE, both of which decrease substantially in magnitude. As A850

and B850 add up roughly to HEAT, one can see that the boundary layer radiative

heating is balanced almost entirely by lowering SH, as is the case in B850. The large

reduction in RE seen in HEAT can be attributed to the radiative heating above 850

hPa, and amounts to a warming effect on the boundary layer. This is consistent with

lower SH and higher near-surface temperature (Table 2.1). The changes in EX are

small compared to those in SH.

One can define precipitation efficiency (ε) as the ratio of precipitation (P ) over

column-integrated condensation (C) (Zhao, 2014), with a value of 0.33 in BASE.

Column-integrated re-evaporation (E), which is equal to the difference between C

17



and P (i.e. C − P ), can be written as P (1 − ε)/ε. As ε is little changed across the

cases (within 0.01), the fractional changes in column-integrated re-evaporation and

precipitation are similar (Figure 2.5). Note that the scaling of Lutsko and Cronin

(2018) for the fraction of precipitation that is re-evaporated need not explain most of

the changes in re-evaporation (Section 2.A).

The partial re-evaporation simulations allow us to further assess the importance of

re-evaporation. Despite having the same boundary layer radiative cooling as BASE,

the magnitudes of the surface sensible heating and the exchange term are much

reduced in BASE*, presumably due to the suppressed re-evaporative cooling (Fig-

ure 2.3c). The response to free-tropospheric heating is also muted considerably in

A850*; the resulting reduction in SH is less than half of that in A850 (Figure 2.3d).

The same is true for near-surface temperature Ta (Table 2.1). This reaffirms the

importance of re-evaporative cooling in communicating the effect of free-tropospheric

heating to the boundary layer and surface fluxes. In summary, heating the free-

troposphere reduces mean precipitation and rain re-evaporation, leading to boundary

layer warming.

2.4 Discussion and summary

It is clear from the above results that the vertical distribution of radiative heating is

key to determining the relative roles of surface sensible and latent heat adjustments in

re-establishing the tropospheric energy balance. In particular, re-evaporative cooling

is the main process through which the effect of free-tropospheric heating can be felt

by the boundary layer. Thus, re-evaporation has to be considered explicitly in any

attempt to develop a quantitative theory of the surface sensible heat flux response to

atmospheric heating.
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If one assumes that the free-tropospheric energy balance can be approximated as

radiative cooling balancing out latent heating, it follows that the fractional change

of precipitation is equal to that of the free-tropospheric radiative cooling (δP/P =

δRAf/RAf ). As discussed in Section 2.3.3, the fractional changes of the boundary

layer re-evaporative cooling is approximately equal to that of precipitation. Thus,

δRE can be written as αδRAf , where α is the ratio of RE to RAf in the control case.

If the exchange term does not vary appreciably with imposed heating, the boundary

layer energy balance leads to the following expression of the surface sensible heat flux

change:

δSH = −δRAb − αδRAf . (2.5)

Furthermore, its latent heat counterpart can be derived from the tropospheric

energy balance:

δLH = (α− 1)δRAf . (2.6)

This constitutes a predictive theory of δSH and δLH in response to δRAb and

δRAf as α (0.11 in BASE) depends only on values in the control experiment. The

predicted δSH (solid lines in Figure 2.3) is in good agreement with the simulations

(bars). According to this theory, free-tropospheric heating reduces latent heating

more than surface sensible heating as long as α is smaller than 0.5. Also, boundary

layer heating decreases surface sensible heating only.

The approximation used in Takahashi (2009) and Cronin (2013) can be viewed as

a special case of Equation 2.5 with α = 0:

δSH = −δRAb. (2.7)
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The partial re-evaporation experiments allow us to test the theory for a small

value of α (0.02 in BASE*) that approaches this special case. Indeed, the predic-

tions from Equations 2.5 and 2.7 are much closer in the partial re-evaporation than

full re-evaporation experiments. In other words, the αδRAf term in Equation 2.5

greatly improves the accuracy of the predicted δSH by incorporating the effect of re-

evaporation in coupling the boundary layer and the free-troposphere. To generalize

our results to the full climate response, one must account for changes in precipitation

efficiency under surface warming (Lutsko and Cronin, 2018). The response to heating

might be altered in the presence of a large-scale circulation (e.g. Wing and Cronin,

2016; Lutsko and Cronin, 2018).

In summary, imposed radiative warming reduces domain-average precipitation

(evaporation) by increasing boundary layer water vapor, a thermodynamic effect that

tends to enhance precipitation rate at a given vertical velocity. This effect opposes

the weakening of ascents (a dynamic effect), resulting in no significant change in

the precipitation from strong events. The decrease in domain-average precipitation is

realized mainly through weak events. A key finding is that free-tropospheric radiative

heating affects the boundary layer primarily by weakening the re-evaporative cooling.

This insight leads to a predictive theory of the surface latent and sensible heat flux

changes caused by radiative heating.
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2.A Frameworks for re-evaporation

We examine the relative importance of changes in domain-mean precipitation (P ) ver-

sus changes in the fraction of precipitation that is re-evaporated (β) for understanding

changes in column-integrated re-evaporation (E) under heating in our experiments.

In Section 3.3, we explained that E = (1
ε
−1)P , where ε is the precipitation efficiency.

Since changes in 1
ε
− 1 are small (less than 11%) in our experiments, δE

E
≈ δP

P
(circles

in Figure 2.5a). In other words, P is of leading order importance in understanding

changes of E in our heating simulations.

Separately, Lutsko and Cronin (2018) (henceforth LC) proposed that β scales with

the saturation deficit 1 − RH and the terminal fall speed wf . This scaling can be

linearized as:

δβ

β
=
δ(1−RH)

1−RH
− δwf

wf
. (2.8)

Figure 2.5b shows the changes in β against the changes predicted by Equation

2.8. Following LC, β = E
E+P

, and both RH and wf are weighted by the amount of

precipitating condensates at each level. Equation 2.8 holds reasonably well in our

experiments; the best-fit line with no intercept has R = 0.85.

Since β is only one factor that influences E, changes in β need not be the leading

explanation for changes in E. The crosses in Figure 2.5a illustrate that the RHS

of Equation 2.8 underestimates the changes in re-evaporation in our experiments by

more than a factor of two. Comparing the two scalings (circles versus crosses) confirms

that P plays a larger role than β in influencing E in our experiments.
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Figure 2.2: (a) The domain-average precipitation (p(r>rt), mm day−1) of the events
whose hourly precipitation rates exceed rt (mm day−1) in the full re-evaporation ex-
periments. (b) p(r>rt) normalized by domain-mean precipitation P . (c) The scatter
plot of r (mm day−1) against 500-hPa vertical velocity (w, m s−1) for BASE and
HEAT. The solid lines are the best-fit lines with zero-intercept for w > 0.1 m s−1.
(d) The probability of w exceeding a threshold wt (m s−1), or

∫∞
wt
P(w)dw, for wt >

0.1 m s−1. (e) The domain-average precipitation (p(w>wt), mm day−1) of the events
where w exceeds wt, estimated with Equation 2.3. (f) The difference in p(w>wt)
(m s−1) between BASE and HEAT, and its thermodynamic and dynamic compo-
nents and their sum, estimated with Equation 2.4.
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Figure 2.3: (a) The individual terms in the boundary layer energy balance (W m−2) in
BASE: surface sensible heating (SH), radiative cooling (RAb), re-evaporative cooling
(RE) and the exchange of sensible heat with the free troposphere (EX). (b) Changes
in HEAT, A850 and B850. (c,d) Same as (a,b), but for the partial re-evaporation
cases. The solid and dashed lines denote the change in SH calculated from the
predictive theories that include (Equation 2.5) and exclude (Equation 2.7) the effect
of re-evaporative cooling, respectively.
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Figure 2.5: Scatter plots related to frameworks for changes in re-evaporation. The
solid lines are the one-to-one lines. (a) Fractional changes in re-evaporation (E)
against fractional changes in precipitation (P ) (circles, best-fit slope with no-intercept
of 1.1 and R = 0.97) and the sum of fractional changes in 1 − RH and the fall
velocity (wf ), calculated as in Lutsko and Cronin (2018) (crosses, best-fit slope with
no intercept of 2.8 and R = 0.86). (b) Fractional changes of the re-evaporation
efficiency (β) against the sum of fractional changes in 1 − RH and the fall velocity
(the same quantity as in (a)). The best-fit slope with no intercept is 0.47, with
R = 0.85.
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Chapter 3

On the role of liquid microphysical

processes in convective invigoration

3.1 Introduction

Having discussed the effects of aerosols on atmospheric radiation in Chapter 2, we now

turn to the aerosol influence on microphysical processes. The microphysical effects

of aerosols on convection are thought to occur through pathways involving both ice

and liquid processes. A commonly referenced mechanism (Rosenfeld et al. (2008),

see also Williams et al. (2002); Andreae et al. (2004)) posits that increased aerosol

concentrations increase cloud droplet number concentrations of smaller drops, which

delays the formation of rain. It is thought that this would bring more cloud water

above the freezing level, releasing additional latent heat and invigorating convection.

Stevens and Feingold (2009) present a liquid variant of this argument, suggesting

that the delayed precipitation increases evaporation at the cloud-top, destabilizing

the atmosphere and favoring convection. Changes in condensate evaporation can

also affect cold pool strength and the strength of subsequent convection (e.g. Tao

et al., 2007; Morrison, 2012; Tao et al., 2012). Recently, Fan et al. (2018) suggested
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that ultrafine (smaller than 50 nm) aerosol particles can be activated into cloud

droplets, making it possible to condense more supersaturated water. Given that

the enhancement of upper level condensational heating was not significant in their

sensitivity tests, they argue that the convective invigoration in their experiments

occurs via a warm-phase rather than a cold-phase pathway.

Generally speaking, there is no consensus on how aerosols may affect convection,

with different case studies suggesting either strengthening (e.g. Fan et al., 2018) or

weakening (e.g. Morrison, 2012). Making comparisons across different case studies is

not straightforward, given that environmental factors such as wind shear (Fan et al.,

2009) and radiative effects (e.g. Fan et al., 2015) can alter the eventual convective

response. The setting of radiative-convective equilibrium (RCE) allows us to under-

stand which processes are of importance to the climate state in a simple framework.

For example, van den Heever et al. (2011) found an increase in the frequency of up-

drafts in response to increased aerosol concentrations. In a follow-up study focusing

on deep convective cloud properties, Storer and van den Heever (2013) showed that

changes in latent heat from the freezing of cloud water are not the largest contrib-

utors to the latent heat budget, suggesting that latent heat from freezing might not

be of leading order importance for understanding convective invigoration, at least

in RCE. This motivates the present microphysical sensitivity study in the setting of

RCE with prescribed radiative cooling to isolate the dominant mechanism responsible

for convective invigoration.

3.2 Methods

3.2.1 Model

The RCE configuration is almost identical to that of Chapter 2, with radiative cooling

prescribed at -1.5 K day−1 in the troposphere (T > 207.5 K) and following Newtonian
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relaxation to 200 K on a time scale of 5 days, as in the BASE case in Chapter 2. By

prescribing the radiative cooling, we eliminate a major confounding factor of aerosol-

radiation interactions on the convective response. The only difference is the use of

the double-moment Morrison scheme (Morrison et al., 2009). By predicting both the

number and mass mixing ratio of hydrometeors, a double moment scheme captures

more degrees of freedom of the microphysical response to aerosols.

The Morrison scheme can be set to only consider liquid (or warm rain) micro-

physics. In that configuration, condensation of water vapor (qv) to cloud water (qc)

takes place via saturation adjustment. Re-evaporation of cloud droplets occurs only

in subsaturated conditions, and is limited by the availability of cloud water. Rain

(qr) is converted to vapor by rain re-evaporation. The conversion of cloud water to

rain occurs by both autoconversion and accretion, parameterized as 1350q2.47c N−1.79c

and 67(qcqr)
1.15, with units of kg kg−1 s−1 (Khairoutdinov and Kogan, 2000). Here,

qc and qr are in kg kg−1 and Nc is in cm−3. Autoconversion is the only microphysical

process among both ice and liquid processes that is directly affected by cloud droplet

number concentrations.

3.2.2 Experiments

Four pairs of BASE (Nc = 100 cm −3) and BASE* (Nc = 1000 cm −3) simulations are

performed, with different microphysical assumptions. In FULL, the default Morrison

scheme configuration is used, with full ice and liquid microphysics, while LIQ involves

only liquid microphysics. In addition to shutting off ice microphysics, the formula used

for computing the rates of re-evaporation of cloud water and rain are multiplied by

0.1 in the CE and RE experiments, respectively. We collectively refer to LIQ, CE and

RE as liquid microphysics cases. The BASE simulations are initialized from a warm

bubble and are first performed for 240 model days. The output at day 180 of the

BASE experiment is used to initialize a BASE* experiment that is run for 60 days.

28



We analyze the last 20 days of hourly-mean output from each simulation. The noise

level of a given variable is quantified using five consecutive, non-overlapping 20 day

periods (days 220-320) obtained by extending the BASE simulations. The response

to higher droplet number concentrations (i.e., BASE* minus BASE) is denoted by a

δ.

3.2.3 Definition of convective mass flux

For the purpose of quantifying convective invigoration, we use convective mass flux

(Mc) from updrafts as our main metric for convection (e.g. Lebo et al., 2012; Mor-

rison, 2012). Updrafts are vertical velocities averaged over cloudy (cloud condensate

exceeding 0.005 g kg−1, e.g. Wang and Sobel, 2011) exceeding 1 m s−1 (e.g. Robe and

Emanuel, 1996). Mc is the sum of the mass flux from all updrafts.

3.3 Domain-mean vertical responses

In this section, we describe the responses of key microphysical, dynamic and thermo-

dynamic quantities to the microphysical perturbations imposed by our experiments.

Figure 3.1 illustrates the influence of the microphysical perturbation on condensates.

In all BASE cases, the distribution of cloud water (qc, Figure 3.1a) is similar in the

lower and mid troposphere, with a peak at about 900 hPa. In the upper troposphere,

the high clouds are comprised by ice (dashed) in FULL and cloud water in the liquid

microphysics cases. Compared to the liquid microphysics cases, qc is highest in FULL.

The distribution of precipitating condensates (qp, Figure 3.1b) is similar in the lower

troposphere, with a peak at around 700 hPa. Above 600 hPa, the solid condensates

(snow and graupel) dominate the precipitating condensates in FULL (dashed). As

is the case for qc, qp is highest in FULL. Cloud fraction (calculated as in Chapter

2) has two maxima. The cloud fraction in FULL is lower than that of the liquid
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Figure 3.1: Domain-average vertical profiles of (a) cloud liquid (solid) and ice (dashed)
condensates (qc, 10−5 kg kg−1), (b) precipitating liquid (solid) and ice (dashed) con-
densates (qp, 10−5 kg kg−1) and (c) cloud fraction (unitless) in the BASE experiments.
Cloud fraction is calculated using a condensate and vertical velocity threshold as in
Chapter 2. (d-f) Changes in (a-c) due to δBASE*. The shading in (d-f) represents
the noise in BASE.

microphysics cases, suggesting that qc is more uniformly distributed in the domain in

the liquid microphysics cases as compared to FULL.

In all δBASE* cases (Figure 3.1d), there is an increase in cloud condensate below

500 hPa. At 200 hPa, there is a decrease in qc in all cases except CE. There is

also a decrease in qp below 700 hPa (Figure 3.1e). The increased cloud water and

reduced rain concentrations are consistent with the nature of the perturbation, which
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suppresses the conversion of cloud water to rain. The influence on cloud fraction

(Figure 3.1f) is mainly in the upper troposphere, with a decrease in cloud fraction

in all cases except in δCE*. The changes in upper-tropospheric cloud fraction have

similar sign to the changes in qc.
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Figure 3.2: Domain-average vertical profiles of (a) convective mass flux (Mc,
g m−2 s−1), (b) updraft vertical velocity (m s−1), and (c) updraft fraction (%) in
the BASE experiments. (d-f) Changes in (a-c) due to δBASE*. The shading in (d-f)
represents the noise in BASE.

Next, we turn to the influence of the microphysical perturbations on convective

dynamics. Across the BASE cases, the convective mass flux (Mc, Figure 3.2a) is

largest in FULL. The contributions of the vertical velocity of updrafts (updraft in-
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tensity) and updraft area to the convective mass flux are shown in Figures 3.2b and

c, respectively. In the case of FULL versus LIQ, the percentage increase in convective

mass flux at 600 hPa (53%) is due mostly to an larger updraft fractional area (40%)

rather than updraft intensity (10%). The small differences in convective mass flux

between the liquid microphysics cases (less than 10% at 600 hPa) can be a result of

compensating differences in updraft area and intensity. For example, RE has both

the largest updraft intensity and smallest updraft area among all BASE cases. Note

that convection remains unaggregated across all simulations.

Convective invigoration is seen in both FULL and LIQ (Figure 3.2d) in δBASE*,

with the peak of the increase in Mc at around 600 hPa. Relative to LIQ, weakening

re-evaporation of cloud droplets (CE) mutes the increase of convective mass flux by

56% at 600 hPa, while weakening re-evaporation (RE) does not significantly alter

convective mass flux below 600 hPa. In other words, the presence of ice microphysics

does not qualitatively alter the convective invigoration response. The increased Mc

below 600 hPa is achieved by an increase in updraft intensity (Figure 3.2e) as well as

changes in updraft area (Figure 3.2f). At 600 hPa, the increases in Mc (Figure 3.2d)

at 600 hPa also coincide with the increase of qc (Figure 3.1).

One might expect the thermodynamic environment to be important for under-

standing the response on convection. Figure 3.3a shows the relative humidity (RH) in

the BASE cases. The profiles exhibit a C-shape, with minima in the mid-troposphere

(around 500 hPa). Across the cases, experiments with larger RH have larger Mc (Fig-

ure 3.2a). One way of thinking about RH is to examine the changes in temperature

(T ) and water vapor concentrations (qv) (Figure 3.3b-c). Near-surface temperatures

in the BASE cases do not vary by more than 0.2 K except for RE, which warms by

1.7 K relative to FULL due to the influence of rain re-evaporation on the boundary

layer budget discussed in Chapter 2. Above 400 hPa, the FULL case, which has the

highest RH among the BASE cases, warms by 3 K more than LIQ. There is also a
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Figure 3.3: Domain-average vertical profiles of (a) relative humidity (RH, unitless),
(b) temperature (T , K) and (c) water vapor mixing ratio (qv, g kg−1) in the BASE
experiments. (d-f) Changes in (a-c) due to δBASE*. The shading in (d-f) represents
the noise in BASE.

clear contribution of qv to RH, where cases with larger RH generally coincide with

larger qv (Figure 3.3a and c).

The convective invigoration seen in the δBASE* cases coincide with an increase

in mid-tropospheric (e.g. 600 hPa) RH (Figure 3.3d). The decrease in upper-

tropospheric RH (e.g. at 300 hPa) also share the same sign as the changes in cloud

fraction, and occurs alongside an increase in T (Figure 3.3e). Since temperatures

increase slightly (by not more than 0.5 K) at 600 hPa, the increase in RH can be
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attributed to an increase in qv (Figure 3.3f). Having identified that convective invig-

oration occurs in δBASE* together with increase in mid-tropospheric RH, even in

the absence of ice microphysics, we proceed with more quantitative analysis of the

connections between the different domain-mean quantities.

3.4 Connections between thermodynamic, dy-

namic, and microphysical variables

Figure 3.4 summarizes some key relationships discussed in the previous section. Com-

paring across the BASE (circles) and BASE* (asterisks) cases, there is a general

correspondence between column relative humidity (CRH) and vertically-averaged

Mc (denoted by square brackets) (Figure 3.4a). The mid-tropospheric (400 to 600

hPa) relative humidity (MRH) is found to have a monotonic relationship with [Mc]

across all cases (Figure 3.4b). In this sense, the convective invigoration, as well as

changes in Mc across the BASE cases, are linked to a increased RH, especially in the

mid-troposphere. One way to connect RH to the microphysical perturbation is by

considering the ratio of column-integrated re-evaporation (E) to condensation (C),

which we denote by γ 1. Larger values of γ have been argued to favor larger values

of RH in an analytical model of RH which regards re-evaporation as a moistening of

the environment (Romps, 2014). In support of this argument, there is a monotonic

relationship between γ and CRH across our simulations (Figure 3.4c). Increases in

γ can also be associated with increases in MRH (Figure 3.4d).

Table 3.1 presents the decomposition of γ into E and C, together with other

relevant quantities in the microphysical budgets. By definition, changes in C−E must

equal changes in P , which changes little (less than 10%) across experiments due to the

fixed tropospheric radiative cooling. The assumption of fixed P explains why increases

1γ is related to the precipitation efficiency ε discussed in Chapter 2 by γ = 1− ε.
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Figure 3.4: Scatter plots of (a) vertically averaged convective mass flux ([Mc],
g m−2 s−1) against column relative humidity (CRH), (b) [Mc] against mid-
tropospheric (600 to 400 hPa) relative humidity (MRH), (c) CRH against the ratio
of column-integrated re-evaporation to condensation (γ, unitless), (d) MRH against
γ in all experiments.

in E increase both C and γ 2. Relative to LIQ, E is mainly reduced via the weakening

of rain and cloud evaporation in RE and CE, respectively. The weakening of EC in

CE (26%) is small compared to the weakening of ER by RE (81%), suggesting that

2γ = 1− P
E+P , which increases with E for non-negative P (as is the case here).
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Table 3.1: The values of γ [the ratio of column-integrated re-evaporation (E) to
column-integrated condensation (C)], E and its rain (ER) and cloud (EC) compo-
nents, C, accretion (AR), precipitation P in the BASE liquid microphysics experi-
ments, and their changes in BASE* (δBASE*). Except for γ, which is unitless, all the
quantities are domain-averaged and in mm day−1. The connections between the pro-
cesses in LIQ are illustrated in Figure 3.5. In FULL, additional ice processes (Table
3.2) are involved in ER, EC, C, and AR.

EXPT γ E ER EC C AR P
BASE
FULL 0.67 9.1 3.7 5.4 13.7 8.2 4.5
LIQ 0.56 5.8 2.7 3.1 10.2 7.1 4.5
RE 0.37 2.8 0.5 2.3 7.6 5.2 4.7
CE 0.51 4.6 2.7 2.0 9.1 7.1 4.4
δBASE*
FULL 0.02 0.8 -0.7 1.5 0.9 -0.6 0.1
LIQ 0.04 1.0 -0.6 1.6 1.1 -0.5 0.1
RE 0.09 1.3 -0.2 1.4 1.3 -0.1 0.1
CE 0.02 0.5 -0.6 1.1 0.5 -0.6 0.0

EC is strongly limited by the availability of condensate. To better understand how

the increase in E is achieved under a suppression of autoconversion, we investigate

the processes underlying the changes in its precipitation (ER) and cloud (EC) re-

evaporation components.

Since ice microphysics do not fundamentally alter convective invigoration, we will

focus on LIQ (Figure 3.5a), where the processes are rain (ER) and cloud evaporation

(EC), droplet condensation (C), accretion (AR) and autoconversion (CR). In equi-

librium, surface evaporation (ES) and precipitation (P ) are in balance, as are the

sources and sinks of the microphysical terms (i.e. sum of values from arrows directed

inward equal the sum of values from arrows directed outward). One observation is

that the conversion of qc to qp is mostly from accretion, as one might expect from

cloud-resolving simulations (e.g. Heikenfeld et al., 2019) and observations (e.g. Get-

telman et al., 2013). This does not mean that autoconversion can be disregarded,

because in the absence of qp and ice microphysics, autoconversion is the only way

cloud condensates can be converted to precipitation.
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Indeed, a reduction in autoconversion acts to reduce the conversion of cloud to

precipitating condensates via accretion (Figure 3.5b). The reduction in accretion is

balanced by a reduction in rain re-evaporation so as to balance the sources and sinks

of qp. To balance the qc budget, there is a net increase in EC − C, which occurs via

increases in both EC and C. In other words, the suppression of accretion leads to

opposing responses in EC and ER, which act to moisten and dry the atmosphere,

respectively, with the former winning out.

The competing effects of EC and ER shed some light on the response across the

δBASE* experiments. As in δLIQ*, the other δBASE* experiments exhibit decreases

in AR and ER, and increases in E, EC, and C (Table 3.1). In RE, where the drying

response of ER is suppressed, the increase in E is the largest among the δBASE*

experiments. In contrast, in CE, the moistening response of EC is suppressed, re-

ducing the increase in E. So far, we have seen that larger values of E increase γ,

which is associated with column relative humidity and Mc. In the case of suppressed

autoconversion, the increase of cloud re-evaporation exceeds the decrease in rain re-

evaporation, leading to a net increase in E. Next, we would like to gain a better

understanding of how the changes in microphysical processes influence convective

dynamics.
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Figure 3.5: Column-integrated and domain-averaged values (mm day−1) of micro-
physical processes converting between water vapor (qv), cloud condensates (qc) and
precipitating condensates (qp) [condensation of cloud condensates (C), evaporation of
cloud condensates (EC), conversion of cloud water to rain by autoconversion (CR)
and accretion (AR) and evaporation of rain (ER)], as well as surface evaporation
(ES) and precipitation (P ) for (a) LIQ and (b) δLIQ*. The corresponding values for
all configurations are listed in Table 3.1.
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Figure 3.6: Domain-average vertical profiles of the microphysical (mp), advection (adv), vertical diffusion (vdif) and radiative
(rad) heating rates in (a) FULL, (b) LIQ, (c) RE and (d) CE. (e-h) Changes in (a-d) due to δBASE*.The vertically-averaged
value of the absolute changes in mp is given on the top left hand corner. All values are in K day−1.
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We examine the energy budget (Figure 3.6) to identify the leading processes re-

sponsible for the altered energy transport due to the increases in convective mass

flux. In all the BASE cases (a-d), the prescribed radiative cooling (rad) is balanced

by latent heating from the microphysics scheme (mp), vertical diffusion in the bound-

ary layer (vdif), and transport of energy by vertical advection from resolved motions

(adv). In δBASE*, the changes are largely a compensation between the mp and adv

terms. The column-averaged value of the absolute change in the mp term is each case

is given in the top left corner of Figure 3.6e-h. This compensation is similar (within

15%) of the FULL case in LIQ and RE, but is reduced by 44% in CE, consistent with

the muting of convective invigoration in CE*. A feature of this compensation is a

dipole structure between 800 and 400 hPa, with microphysical heating underneath

microphysical cooling that is balanced by advective cooling underneath advective

heating. As such, we can think of the convective invigoration as a response to the

vertical heating dipole imposed by the microphysical changes.
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Figure 3.7: The decomposition of the microphysical term in Figure 3.6 (mp) into contributions from rain re-evaporation (er),
formation of cloud droplets by condensation (cc), evaporation of cloud droplets (ec), and ice processes (ice) in the BASE
configurations (a) FULL, (b) LIQ, (c) RE and (d) CE. (e-h) Changes in (a-d) due to δBASE*. All values are in K day−1.
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To understand how the vertical dipole is created in terms of microphysical tenden-

cies, we examine the changes in the latent heat budget (Figure 3.7). In all the BASE

cases, condensation of cloud droplets (cc) peaks lower in the atmosphere (around 900

hPa) than the re-evaporation of cloud and rain condensates (ec and er, respectively).

Conceptually, the condensation at cloud base generates buoyancy for the air parcel

experiencing an updraft. As the parcel rises, it detrains cloud condensates, which

evaporate into the surrounding air. Across the BASE cases (Figure 3.7a-d), larger

values of γ (e.g. from RE to LIQ) are associated with a larger dipole of condensational

heating below re-evaporative cooling. In δBASE* (Figure 3.7e-h), a similar dipole of

latent heating beneath cooling is seen. The dipole is mainly a cancellation between

condensation (cc) and re-evaporation (ce) of cloud droplets, with ice processes (ice)

playing a secondary role. The importance of mid-tropospheric evaporative cooling in

creating this latent heating dipole, which we have seen is connected to the changes

in convection (Figure 3.6), is consistent with the monotonic relationship between

mid-tropospheric relative humidity and Mc (Figure 3.4b).

3.5 Conclusions

3.5.1 Discussion

In interpreting our results, it is useful to return to the microphysical budget con-

straints (Figure 3.5). Our perturbation experiments suppress the conversion of cloud

condensates to precipitating condensates, giving rise to a reduction in precipitation

re-evaporation and a decrease in the net production of cloud condensates. The lat-

ter can occur in one of three possible pathways: (1) an increase in condensation

and a larger increase in cloud re-evaporation; (2) a decrease in condensation and a

smaller (less negative) decrease in cloud re-evaporation; (3) changes in condensation

and cloud re-evaporation that differ in sign (e.g. an increase in cloud re-evaporation
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and a decrease in condensation). Pathway (2) does not occur because the suppressed

accretion increases the concentration of cloud condensates, which seems to be the

factor limiting cloud re-evaporation. For example, if one contrasts CE with LIQ,

despite the prescribed 10-fold decrease in the parameterization, the actual cloud re-

evaporation decreases by only 26%. It is reasonable to assume that condensation and

cloud re-evaporation tend to change in the same direction. This is borne out in our

simulations (Table 3.1), and allows us to rule out (3).

A plausible explanation for convective invigoration in the context of liquid or warm

rain microphysics is then as follows. Increased cloud droplet number concentrations

reduce accretion via the suppression of autoconversion. In the dry mid-troposphere,

cloud re-evaporation is limited by condensate availability. Hence, the increased cloud

condensates (due to weaker accretion) act to increase cloud re-evaporation. The ad-

ditional re-evaporative cooling is balanced by more condensational heating lower in

the atmosphere (Figure 3.7), creating a dipole that dynamically further enhances

condensation and convective mass flux. Since precipitation is fixed, the increase in

condensation must be accompanied by an increase in total re-evaporation (from cloud

and precipitating condensates combined), which also favors condensation by moisten-

ing the mid-troposphere. Note that this argument is consistent with (i) the increase

in cloud re-evaporation outweighing the decrease in precipitation re-evaporation and

(ii) the relationship between mid-tropospheric relative humidity and convective mass

flux (Figure 3.4b).

Our results support the suggestions of case studies where ice processes (Tao et al.,

2007; Morrison, 2012) or upper-level heating (Fan et al., 2018) are not fundamentally

important to the changes in convection under an increase in aerosol concentrations,

although there are quantitative effects. Figure 3.2 shows that inclusion of ice pro-

cesses modifies the magnitude of the response. Also, the extent to which the use

of saturation adjustment (as in this study) as opposed to resolved supersaturation
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affects convective invigoration remains open to debate (Lebo et al., 2012; Heikenfeld

et al., 2019). Nevertheless, given that the sign of convective invigoration is robust

across various simplified microphysical configurations, we expect that many micro-

physical schemes should be able to provide some relevant insights into the interactions

between microphysics and convection.

3.5.2 Summary

Ice microphysical processes are often thought to play a key role in enhancing convec-

tion under polluted conditions (convective invigoration). In the setting of radiative-

convective equilibrium with prescribed radiative cooling, we demonstrate that an

increase in cloud droplet number concentrations can cause an increase in convective

mass flux even in the absence of ice microphysical processes. Subsequent sensitiv-

ity tests of liquid microphysical processes indicate that this convective invigoration

depends more strongly on cloud re-evaporation as opposed to rain re-evaporation.

A microphysical process analysis reveals that the increased cloud droplet number

concentrations reduces the rate of conversion of cloud water to rain and leads to an

increase in cloud re-evaporation and a decrease in precipitation re-evaporation, with

the former outweighing the latter. Suppressing cloud (rain) re-evaporation weakens

the responses in cloud (rain) re-evaporation. Besides increasing the relative humidity,

the increase in re-evaporation helps create a dipole of condensational heating beneath

re-evaporative cooling, with an associated increase in convective mass flux.
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Table 3.2: Additional ice processes included in the calculation of the terms in Table
3.1 in the FULL cases.

Included in Process
AR Cloud droplet accretion by snow

Cloud droplet collection by graupel
Cloud droplet collection by snow to graupel
Accretion of cloud ice by snow
Autoconversion of cloud ice by snow
Ice-rain collection
Ice-rain collision (added to snow)
Conversion of large ice to snow
Ice multiplication (rain and snow)
Ice multiplication (rain and graupel)

EC Sublimation of cloud ice
C Deposition of cloud ice

Primary ice nucleation
ER Sublimation of graupel

Sublimation of snow
Evaporation of graupel
Evaporation of snow
Deposition of graupel
Deposition of snow
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Chapter 4

The fast response of tropical

cyclones to black carbon

4.1 Introduction

Absorbing aerosols, such as black carbon (BC) and dust, can significantly perturb

Earth’s radiative balance. Strongly absorbing in the shortwave, BC has an esti-

mated global-mean preindustrial-to-present-day top-of-the-atmosphere (TOA) radia-

tive forcing of 0.3-1.1 W m−2 (Myhre et al., 2013), the third largest anthropogenic

warming effect on climate after carbon dioxide (CO2) and methane. In contrast to

well-mixed greenhouse gases, the radiative effect of BC varies with its highly uneven

horizontal and vertical distributions. The spatial inhomogeneity of BC arises from

non-uniform surface emissions and short atmospheric residence time (days) (Bond

et al., 2013). In particular, the tropics contribute more than half of the global BC

emissions (Bond et al., 2013), and the associated radiative effect is amplified by the

strong local insolation (Persad et al., 2012). The spatial distribution of dust is also

highly variable, with North Africa as one of the major source regions (Ginoux et al.,

2012). Its radiative effect is dependent on complex mineral compositions and optical
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properties, which give rise to a wide range of combinations in terms of the relative im-

portance of absorption versus scattering, both in the shortwave and in the longwave.

In a global model simulation using the optical characteristics of absorbing dust over

the southwestern Sahara, Strong et al. (2015) found that dust enhanced the regional

net TOA clear-sky shortwave absorption by up to 30 W m−2, while reducing the

surface shortwave fluxes by a similar magnitude. Besides the direct effect, absorbing

aerosols are also capable of indirectly modifying the global radiative balance through

increasing cloud albedo (Twomey, 1974) and lifetime (Albrecht, 1989) – collectively

known as the indirect effects. Since the indirect effects still suffer from large uncer-

tainties (e.g. Carslaw et al., 2013), this study will focus on the climate response to

the direct effect in isolation.

Once being subjected to the radiative perturbation of absorbing aerosols, the

atmosphere, land and ocean components of the climate system must adjust collectively

to re-establish the TOA radiative balance on the planetary scale. As the atmosphere

and land respond on much shorter time scales (days to months) than the ocean (years

and longer), there is value in establishing a holistic understanding of the climate

impacts of absorbing aerosols by separately investigating the fast and slow responses

(e.g. Andrews et al., 2010). The focus of this work is on the fast response of the

tropical atmosphere-land system from the perspective of tropical cyclones (TCs).

Given that extreme weather events such as TCs are under heavy influence of large-

scale environment, we begin by reviewing the current literature on the impacts of

absorbing aerosols on the tropical general circulation and precipitation.

Absorbing aerosols increase the shortwave radiation retained within the atmo-

sphere. On fast time scales, the atmospheric energy balance dictates that the in-

creased absorption must be balanced, to first order, by a reduction in the tropical-

mean latent heat release by precipitation (Andrews et al., 2010; Ming et al., 2010).

One can decompose the fractional change in precipitation into those in convective
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mass flux and in boundary layer specific humidity (Held and Soden, 2006). Since the

latter is small under fixed sea surface temperatures (SST) (as is the case for the fast

response), the reduction of tropical-mean precipitation can be linked to a decrease in

convective mass flux, which is concurrent with a weakening of the tropical general cir-

culation in climate model simulations (Held and Soden, 2006; Ming and Ramaswamy,

2011).

The radiative heating from absorbing aerosols can influence different monsoonal

systems. In the atmosphere-land-only context, Miller and Tegen (1998) discussed an

increase in the West African JJA monsoon precipitation in response to the heating,

but Mahajan et al. (2012) later found a decrease in precipitation over the same region

[see Table 1 of Strong et al. (2015) for a quantitative comparison]. For Asia, where the

emissions of BC are concentrated, climate models are in qualitative agreement on the

direct effect of absorbing aerosols on fast time scales. Absorbing aerosols are thought

to increase pre-monsoonal and decrease monsoonal rainfall over India (Chung et al.,

2002; Collier and Zhang, 2009; Mahmood and Li, 2013), while suppressing summer

monsoonal rainfall over South China (Persad et al., 2017). To explain features of

the induced monsoonal changes over India and China, it was first proposed that ab-

sorbing aerosols would generally lead to ascending motion, which tends to enhance

precipitation (Menon et al., 2002). To further address the shift of the timing of

the Indian monsoon, Lau et al. (2006) suggested that pre-monsoonal aerosol heat-

ing strengthened the meridional tropospheric temperature gradient that drives the

monsoon. Bollasina et al. (2008) postulated that this enhanced temperature gradient

could also be due to the observed reduction in cloud cover in May, possibly due to

aerosol heating, which increases the amount of shortwave radiation able to reach and

warm the surface. To disentangle the combined effects of atmospheric heating and sur-

face dimming, Persad et al. (2017) systematically considered the impacts of idealized

atmospheric heating and surface dimming on moisture convergence and evaporation.
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They found that the sign of the aerosol-induced precipitation response over China

was the same as that of the response to the imposed surface dimming, as opposed

to the atmospheric heating. While atmospheric heating did not determine the sign

of precipitation change, it was crucial for differentiating the hydroclimate impacts of

absorbing versus scattering aerosols. On the whole, existing works substantiated the

potent influence of BC on large-scale circulation and precipitation. One should be

cautious in generalizing the findings on mean precipitation to extreme precipitation.

The tropical-mean and continental-scale monsoonal precipitation changes caused by

absorbing aerosols concern averaging over large domains and long durations. In com-

parison, extreme precipitation is a subset of the total precipitation corresponding to

high percentiles of the intensity distribution, or weather events such as TCs. One

cannot rule out a re-distribution of precipitation of different intensities while the av-

erage conforms to the large-scale constraints that have been identified. On the other

hand, it is well-known that certain large-scale conditions exert strong controls over

the development of weather events, a classical example being that low vertical wind

shear and high mid-tropospheric humidity have to be satisfied for TCs to occur (e.g.

Gray, 1998). In this sense, the past work on aerosol-induced large-scale circulation

changes provides a useful starting point for thinking about possible changes in the

frequency and intensity of extreme precipitation.

Most of the published literature on the fast TC response to BC focused on environ-

mental factors such as the strength of convection, sources of vorticity disturbances

(e.g. African easterly waves) and wind shear. Using satellite observations of the

Saharan Air Layer, Dunion and Velden (2004) suggested that dust reinforced a tem-

perature inversion, which might suppress convection, easterly waves, and hence TC

activity. Subsequent cloud-resolving model (CRM) case studies of TCs supported

the idea that atmospheric heating could reduce TC activity. One such study based

on background conditions similar to Hurricane Katrina found lower TC wind speeds
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when a partially absorbing aerosol was added, as opposed to a purely scattering

aerosol (Wang et al., 2014b). Using CRM simulations of the Atlantic TC develop-

ment region in June 2006, Chen et al. (2017) found a strengthening of convection by

high-altitude dust and a weakening of convection by low-altitude dust. In a TC fore-

cast run, the increased convective inhibition coincided with lower TC wind speeds.

The effect of dust on African easterly waves, however, remains elusive. With the help

of an analytic expression for the wave response, Grogan et al. (2016) suggested that

the different spatial gradients of dust used in previous studies might partially explain

the disagreement in the sign of the dust impacts on easterly wave activities. Spatial

variations also seem to be crucial for understanding the impacts related to circulation

changes, with model results showing shifts (Bretl et al., 2015) or intensification (Evan

et al., 2011) of TCs depending on the TC development region considered. As almost

all prior studies focused on individual storms, basins or seasons, the question of how

absorbing aerosols affect TC frequency and intensity statistics across all basins still

remains to be addressed. That the current-generation high-resolution atmospheric

general circulation models (AGCMs) are able to resolve global TC climatology (Mu-

rakami et al., 2012; Walsh et al., 2015) affords us an opportunity to shed some light

on the question.

Such AGCMs have already been utilized to study TC changes under global warm-

ing. A prominent example is the Geophysical Fluid Dynamics Laboratory (GFDL)

High-Resolution Atmospheric Model (HiRAM), which was employed to simulate the

fast response in TC frequency (number count) and intensity (maximum wind speed)

to a doubling of CO2 (Held and Zhao, 2011, henceforth HZ11). HZ11 found that TC

frequency decreased significantly, confirming the earlier results of Yoshimura and Sugi

(2005), while TC intensity decreased only slightly. Both HZ11 and Sugi et al. (2012)

made scaling arguments connecting changes in TC frequency to large-scale vertical

velocity, suggesting that the latter is a better predictor of TC frequency changes than
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wind shear or potential intensity (PI) (Emanuel, 1986). Following the experimental

design of HZ11, Walsh et al. (2015) reproduced the decreases in TC frequency and

genesis-weighted vertical velocity in response to CO2 with a suite of global models.

While these global model simulations have advanced our understanding of the fast

response to well-mixed greenhouse gases, they do not address, at least directly, the

impacts arising from the horizontal and vertical inhomogeneity of aerosol forcings.

This work uses HiRAM to investigate the fast response of simulated TCs to

changes in BC loadings as well as horizontal and vertical distributions. Section 4.2

covers some key features of HiRAM and the experimental design. In Section 4.3, we

describe the direct radiative heating of BC in different cases, the resulting changes

in TC frequency (in relation to mid-tropospheric vertical velocity) and in TC in-

tensity (as viewed from the perspective of PI). A discussion of the implications and

limitations is given in Section 4.4, and a summary of the key findings in Section 4.5.

4.2 Methods

4.2.1 Model description

The GFDL HiRAM (Zhao et al., 2009, 2012) uses a finite-volume cubed-sphere dy-

namical core (Putman and Lin, 2007) with 180 grid points on each side, yielding

a horizontal resolution of approximately 50 km, and 32 vertical levels. Most of the

physics parameterizations in HiRAM follow those of the GFDL AM2.1 (GFDL Atmo-

spheric Model Development Team, 2004). The exceptions are the shallow convection

scheme (Bretherton et al., 2004), the diagnostic cloud fraction scheme (Zhao et al.,

2009), and the land model (Dunne et al., 2012). The choice of convection scheme re-

sults in a significant portion of convection in HiRAM being resolved at the grid scale,

as opposed to being parameterized. The large-scale fraction of the tropical precipita-

tion is 39% for HiRAM, as compared to 7.5% for AM2.1 (with a horizontal resolution
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of ∼200 km). The simulated TC genesis climatology, including spatial distribution

and seasonal cycles, agrees well with observations (Zhao et al., 2009). Similar to

other global models, HiRAM underestimates TC intensity. The detection algorithm

used in this study defines TC as a sustained warm-core vortex with 10-meter winds

exceeding 15.3 m s−1 (Zhao et al., 2009, 2012). The algorithm occasionally identifies

storms more than 30◦ from the equator as TCs, which are excluded from this analysis.

The offline present-day (1980-1999) aerosol climatology used in HiRAM is gen-

erated with a chemical transport model (Model for Ozone and Related Chemical

Tracers, MOZART) (Horowitz et al., 2003; Horowitz, 2006), and does not interact

with HiRAM’s meteorology. The optical properties of aerosols are calculated with the

Mie theory. In particular, BC is assumed to follow a log-normal distribution (with

a geometric mean radius of 0.0118 µm and a geometric standard deviation of 2.0)

and have a single-scatter albedo of ∼0.35 in the visible spectrum (Haywood and Ra-

maswamy, 1998). Aerosol indirect effects are not included, as cloud droplet number

concentrations are fixed at 150 cm−3 over the land and 50 cm−3 over the ocean.

4.2.2 Experimental design

We explore the fast TC response to BC across a wide range of spatial distributions in

a series of model simulations. The control experiment (CNTL) uses the present-day

aerosol climatology as described above. The BC loadings are increased uniformly by

ten times in the 10X experiment. The magnitude of the perturbation is motivated

partly by the well-documented underestimation of BC concentrations in global models

(Bond et al., 2013; Cohen and Wang, 2014), and the desire to achieve a favorable

signal-to-noise ratio. Due to similar considerations, recent studies of BC impacts

on hydroclimate chose comparable, or even larger increases (Sand et al., 2015; Guo

et al., 2016; Kovilakam and Mahajan, 2016). We consider BC increases isolated

over the land (LAND) and over the ocean (OCEAN) separately. To investigate the
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sensitivity of TCs to the vertical distribution of BC, we confine BC increases to

the free troposphere (σ < 0.78, roughly above 780 hPa) and to the boundary layer

(σ ≥ 0.78, roughly below 780 hPa) in the FT and BL experiments, respectively.

Similar to HZ11, we double CO2 from its present-day value in the CO2 experiment.

All experiments are run from 1980 to 1999 using SSTs and sea ice prescribed from the

Hadley Centre Sea Ice and Sea Surface Temperature (HADISST) observational data

set (Rayner et al., 2003). The first year is discarded as spinup, and the remaining 19

years are analyzed.

4.3 Results

4.3.1 Magnitudes and spatial distributions of atmospheric

absorption

We use the tropical-mean changes in atmospheric absorption as a starting point for

understanding the basic characteristics of the fast response to increased BC and CO2

(Table 4.1). The shortwave absorption (AS) is computed as the net shortwave (SW)

radiative fluxes entering the atmospheric column from the TOA and surface (SFC),

i.e. AS = SW TOA
↓ −SW TOA

↑ +SW SFC
↑ −SW SFC

↓ , where the subscripts ↑ and ↓ denote

upward and downward fluxes, respectively, and positive values of AS represent net

atmospheric heating. Similarly, the longwave absorption (AL) can be calculated as

LW SFC
↑ − LW SFC

↓ − OLR, where OLR is the TOA outgoing longwave radiation.

The increase in shortwave absorption (δAS) amounts to 9.9 W m−2 in the 10X case.

Fortuitously, the LAND (4.6 W m−2) and OCEAN (5.2 W m−2) cases each account

for about half of the increase in 10X. The FT (5.2 W m−2) and BL (5.0 W m−2)

cases also contribute roughly equally. Hence there is no need for normalization when

comparing the two pairs of experiments. In comparison, the CO2 forcing manifests

as an increase of longwave absorption (2.3 W m−2).
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Table 4.1: Tropical-mean changes in the various components of the atmospheric en-
ergy balance (W m−2). The fractional changes (percentage) are in parentheses.

δAS δAL δSH δLH δ(SH + LH)
10X 9.9 -3.0 -2.5 (-11.9) -4.2 (-4.5) -6.7 (-5.9)
LAND 4.6 -1.6 -1.8 (-8.7) -1.3 (-1.4) -3.2 (-2.8)
OCEAN 5.2 -1.4 -0.76 (-3.6) -2.9 (-3.2) -3.7 (-3.2)
FT 5.2 -2.1 -0.77 (-3.6) -2.2 (-2.4) -3.0 (-2.6)
BL 5.0 -0.96 -1.9 (-8.9) -2.1 (-2.2) -4.0 (-3.5)
CO2 0.74 2.30 -0.59 (-2.8) -2.4 (-2.6) -3.0 (-2.6)
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Figure 4.1: Geographical distributions of the changes in atmospheric absorption (W m−2, δAS for BC cases and δAL for CO2).
The numbers in parentheses indicate the fraction over the ocean (fo). The rectangle boxes denotes the main development
regions, as is the case for the other maps in this chapter.
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The geographical distributions of δAS due to the BC perturbations are given in

Figure 4.1. The pattern in the 10X case reflects the present-day BC climatology.

The largest increases are found over the main source regions, namely South and East

Asia, Central Africa and the Amazon, where the local values can exceed the tropical-

mean by a factor of more than three. Since TC genesis takes place exclusively over

the ocean, one may speculate that the efficacy of BC-induced absorption in altering

TC would depend on whether it is over the land or over the ocean. To facilitate

this discussion, we calculate the fraction of the increased absorption over the ocean

(fo) as aoδASo/δAS, where ao is the fraction of the tropics covered by the ocean

(0.75), and ASo is the increase in shortwave absorption averaged over the ocean. As

a limiting case, a fo of one means that all the increased absorption occurs over the

ocean. Despite stronger absorption over the land than over the ocean, fo is 0.55 in

10X due to much larger oceanic coverage. As expected, fo is effectively zero in LAND

and one in OCEAN. That fo is larger in the FT case (0.62) than in the BL case (0.48)

indicates that BC is more elevated over the ocean, consistent with free-tropospheric

transport from land source regions to adjacent oceans.

The vertical distributions of the tropical-mean shortwave heating rate changes are

shown in Figure 4.2. The profile of the 10X case is bottom-heavy, with a maximum

of 0.17 K day−1 at ∼850 hPa, representing a 17% increase over the control value.

The heating decreases gradually above 850 hPa: the heating rate increase at 500 hPa

is about 45% of that at 850 hPa. As explained above, the heating profile is indeed

more bottom-heavy in LAND than in OCEAN. This is particularly true above ∼150

hPa, where the heating rate in OCEAN more than doubles that in LAND. This has

important implications for TC responses, a point to which we will return later. Only

the free-tropospheric and (boundary layer) heating is present in the FT (BL) case.

The longwave heating in the CO2 case is mostly confined between 600 and 850 hPa.
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Figure 4.2: Vertical distributions of the tropical-mean changes in radiative heating
rate (K day−1, shortwave for the BC cases and longwave for CO2).

4.3.2 Changes in TC frequency and intensity

Table 4.2: Fractional changes (percentage) in TC and hurricane counts in the entire,
Northern Hemisphere (NH) and Southern Hemisphere (SH) tropics. Statistically
significant values are in bold.

TC
(Tropics)

TC
(NH)

TC
(SH)

Hurricane
(Tropics)

Hurricane
(NH)

Hurricane
(SH)

10X -21 -17 -28 -26 -23 -34
LAND -8.4 -7.2 -11 -15 -15 -13
OCEAN -13 -3.6 -32 -14 -5.1 -39
FT -14 -10 -23 -18 -15 -25
BL -1.6 1.7 -8.7 -3.8 -1.8 -9.1
CO2 -9.4 -5.5 -18 -9.2 -8 -13

Except for BL, all perturbation cases show statistically significant decreases in

TC frequency (Table 4.2). The tropical-mean reduction is 21% in the 10X case.

Despite similar increases in shortwave absorption, the reduction in LAND (8.4%) is

considerably less than in OCEAN (13%), meaning that BC over the land is not as
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effective at changing TCs as that over the ocean. Although this is hardly surprising

given that TC genesis occurs exclusively over the ocean, the extent to which land-

based atmospheric absorption can affect TC speaks to the tightly coupled nature of

the tropical circulation due to the lack of scale separation. It is also interesting to

note that the combined effects, if assumed to be linear, are virtually the same as the

10X case. TC formation is very sensitive to the vertical structure of atmospheric

absorption. The reduction amounts to 14% in the FT case, while BL yields no

significant change. They do not add up linearly to the 10X case. This suggests that

free-tropospheric absorption is substantially more effective at suppressing TCs than

the same magnitude of absorption placed within the boundary layer. Hurricanes

(with maximum wind speeds greater than 29.5 m s−1) decrease at rates even higher

than TC for all BC cases, hinting at possible influence on intensity. This, however,

does not hold for CO2. In terms of hemispheric responses, the fractional changes

in the Northern Hemisphere are usually greater (less negative) than in the Southern

Hemisphere, which is even the case for CO2. This is contrary to the doubling CO2

simulation in HZ11, and suggests that longer integrations are needed for assessing the

robustness of any disparity between the hemispheres.
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Figure 4.3: Geographical distributions of the changes in annual-mean TC genesis counts averaged over 4◦ × 5◦ grids.
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The geographical distributions of the changes in annual-mean TC genesis counts

are shown in Figure 4.3. The decreases in 10X are distributed unevenly among the

oceanic basins, concentrated over the main development regions with West Pacific

being the most prominent one, while no robust signal emerges on their poleward

flanks. The same is true to the other cases, with BL as a notable exception.

Following HZ11, one can write the number of TCs with the maximum lifetime wind

speed exceeding a given value I (F (I)) as NP (I), where N is the total number of

TCs, and P (I) is the normalized cumulative probability distribution of TC intensity.

Then the change δF (I) can be decomposed into two parts: δNP (I) and NδP (I).

The δNP (I) term represents the change in TC intensity distribution solely due to

the change in the overall TC frequency discussed above. The NδP term arises from a

change in the normalized intensity distribution. δF and NδP are plotted in the upper

and middle panels of Figure 4.4, respectively. For 10X, F decreases at all intensity

levels. The same is apparently true for CO2. The major difference is that increased

BC causes a weakening of TC intensity (as measured by I), as one can gather from the

substantial reductions from NδP , while CO2 does not alter TC intensity appreciably.

The weakening is present in other BC cases, albeit to a lesser extent than 10X.

It is more natural to quantify changes in TC intensity in terms of maximum wind

speed. To that end, one can plot the change in wind speed (δI) for each percentile

bin, which is labeled with the corresponding wind speed in CNTL (the lower panel

of Figure 4.4). The δI result confirms the widespread weakening of intensity inferred

from NδP for BC cases.

4.3.3 Connections with large-scale environment

It is well known that increased atmospheric absorption, whether it is due to absorbing

aerosols or CO2, would lower latent heating or precipitation as part of the fast response

(Andrews et al., 2010; Ming et al., 2010). This is borne out in Table 4.1. For
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10X, the tropical-mean latent heating (δLH) decreases by 4.2 W m−2, less than half

of the imposed BC heating (9.9 W m−2). A reduction in sensible heating (δSH,

2.5 W m−2) accounts for part of the difference. The ratio of δSH to δLH (analogous

to the canonical Bowen’s ratio) is 0.6. The precipitation reduces by 4.5%. Although

SH and LH decrease for all other BC cases, their relative magnitude varies with

spatial distribution. The ratio is substantially larger for LAND (1.4) than for OCEAN

(0.26). This is because moisture is of limited supply over the land, making it possible

for sensible heating to dominate latent heating. A different mechanism is behind

the divergence between FT (0.35) and BL (0.90) in this regard. Originating at the

surface and permeating the boundary layer by small-scale eddies, sensible heating is

more effective at balancing out BC heating placed in the boundary layer. Adjusting

moist convection and associated latent heating, on the other hand, is the main means

to counteract free-tropospheric heating. CO2 is more potent than BC in altering

latent heating to the extent that the decrease in latent heating (2.4 W m−2) is even

slightly more than the longwave heating (2.3 W m−2).

Although the fractional reductions in latent heating (precipitation) are much

smaller than those in TC count, they are positively correlated. A linear regression

through the origin (used throughout the chapter) yields a correlation coefficient (R) of

0.75, with BL as an outlier. This hints at a possible connection between TC frequency

and tropical-mean precipitation, a quantity under strong energetic constraints.

To move beyond tropical means and focus on TC genesis seasons and regions, the

monthly-mean spatial pattern of genesis [G(x, y, t),t=1,...,12] can be used for comput-

ing the weighted mean of a variable A(x, y, t) ([A]G) as G(x, y, t)A(x, y, t)/G(x, y, t),

and the weighted spatial pattern ([A(x, y)]G) as ˜G(x, y, t)A(x, y, t)/ ˜G(x, y, t), where

the overline denotes time and spatial averaging and the tilde time averaging. The

fractional changes in genesis-weighted precipitation (δ[P ]G), along with a few other

important variables, are listed in Table 4.3. δ[P ]G are highly correlated (R = 0.81)
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with those of the un-weighted tropical-mean δP across all cases, but are three times as

large. As such, δ[P ]G is much closer to, albeit consistently smaller than, the variations

in TC frequency than δP in terms of fractional changes.

Table 4.3: Fractional changes (percentage) of genesis-weighted precipitation (P ), 500-
hPa vertical velocity (−ω500), wind shear (S), potential intensity (I), thermodynamic
efficiency (T ) and enthalpy difference (E).

δ[P ]G δ[−ω500]G δ[S]G δ[I]G δ[T ]G δ[E ]G
10X -12 -19 4.6 -3.4 -2.4 -4.1
LAND -5.6 -11 2.2 -1.1 -0.93 -0.93
OCEAN -8.2 -11 2.7 -2.1 -1.5 -2.9
FT -7.4 -13 2.9 -2.5 -2.1 -2.4
BL -6.1 -8.0 2.3 -0.87 -0.38 -1.6
CO2 -5.5 -7.6 2.1 -1.5 -0.68 -2.5

The genesis-weighted 500-hPa vertical velocity ([−ω500]G) filters out subsidence

regions, and decreases in all cases (Table 4.3). The magnitudes are consistently

larger than δ[P ]G. A linear regression against the variations in total TC count yields

a slope of 1.0 and a R of 0.85, making δ[−ω500]G a better predictor of TC frequency

changes than δ[P ]G. This suggests that TC frequency is proportional to the total

amount of deep convection over the genesis regions as the latter plays an important

role in moistening the mid-troposphere, a condition essential for genesis (HZ11). The

spatial patterns of [−ω500]G is shown in Figure 4.5. The reduction is robust over the

main development regions, and is not as noisy as TC counts (Figure 4.3). There is

no apparent difference among the experiments including CO2.
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Figure 4.4: Changes in TC intensity as measured by δF (upper), NδP (middle) and
δI (lower). See text for explanation.
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Figure 4.5: Geographical distributions of the changes in genesis-weighted 500-hPa vertical velocity (δ[−ω500]G, hPa day−1).
Tropical-mean values are in parentheses.
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Figure 4.6: Same as Figure 4.5, but for wind shear (S, m s−1).
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The vertical shear index (S) is computed as the absolute value of the difference

between monthly-mean 850 and 200-hPa vector winds. The genesis-weighted value

increases in all cases (Table 4.3), which is consistent with lower TC number as it is

well known that strong wind shear disfavors genesis. BL is still a notable exception.

The correlation coefficient (R) is 0.80. The geographical distributions (Figure 4.6)

appear to be more variable than [−ω500]G, but rather similar among all the cases.

The potential intensity (PI) theory posits that the maximum wind speed achieved

by a TC is constrained by thermodynamic considerations (e.g. Emanuel, 1988; Bister

and Emanuel, 1998). Furthermore, PI is also thought to be relevant for genesis

(Camargo et al., 2007b). One can write PI (I) as:

I2 =
Ck
Cd
T E , (4.1)

where Ck and Cd are the exchange coefficients for enthalpy and momentum, respec-

tively. The term T is defined as (Ts − To)/To, where Ts and To are the surface and

outflow temperatures, respectively, and can be perceived as the thermodynamic effi-

ciency of TC. The term E is the enthalpy difference between the surface and boundary

layer, i.e. cp(Ts − Tb) +L(q∗s − qb), where cp is the specific heat of dry air at constant

pressure, L the latent heat of vaporization, q specific humidity and q∗ saturation

specific humidity. The subscripts s and b denote the surface and boundary layer,

respectively. We use a parcel lifting algorithm (Bister and Emanuel, 2002) (avail-

able at ftp://texmex.mit.edu/pub/emanuel/TCMAX/) to estimate the changes in

the outflow temperature and enthalpy. The resulting changes in genesis-weighted PI

are given in Table 4.3. The variable decreases in all BC cases as well as CO2, in qual-

itative agreement with lower TC counts. More quantitatively, Camargo et al. (2007a)

assumed that genesis frequency is proportional to PI raised to the third power, which

implies that the fractional change in TC frequency would be three times of that in PI.
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In this set of simulations, the correlation between the two quantities is exceptionally

high (R = 0.96). This is mainly because δ[I]G captures the lack of frequency change

in the BL case much better than the other three metrics discussed above. Yet, their

ratio is about six, suggesting that PI has an even stronger bearing on TC number than

suggested by Camargo et al. (2007a). Although lower PI is generally consistent with

the weakening of TC intensity in BC cases, the reduced PI in CO2 appears to be at

odds with unchanged intensity. This issue can be illustrated by contrasting CO2 with

LAND. Despite similar δ[I]G in the two cases, LAND shows a distinct decrease in

intensity (Figure 4.4). Figure 4.7 shows the spatial structures of δ[I]G. The decrease

is widespread, and relatively uniform over the main development regions. There is

no obvious dependence on the spatial distributions of BC or CO2 forcings.
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Figure 4.7: Same as Figure 4.5, but for potential intensity (I, m s−1).
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To better delineate how atmospheric heating alters PI, we decompose it into two

components, similar to Gilford et al. (2017). Ck/Cd is constant across our experiments

because it is set to be consistent with the dissipative heating in HiRAM (Zhao et al.,

2009). Thus the fractional change in PI can be written as:

δI
I

=
δT
2T

+
δE
2E
. (4.2)

It is clear from Table 4.3 that this linear decomposition holds reasonably well for all

cases. The enthalpy difference term (δE) roughly tracks the tropical-mean change in

latent heating (Table 4.1), implying that genesis weighting favors latent heat more

than sensible heat. This is understandable as TC genesis occurs over the oceanic

regions of deep convection where moisture is in abundant supply. As explained above,

the atmospheric energy balance dictates that imposed absorption, no matter where

it is placed, would reduce the total surface flux, an effect manifested as decreases in

E across all cases.

The thermodynamic efficiency term (δT ) is more variable than δE (Table 4.3).

BL stands out as the only BC case in which it is substantially smaller than (about

one quarter of) the corresponding enthalpy difference term. The same is also true

for CO2. The two terms are within a factor of two for other cases. The setup of

fixed surface temperature (Ts) means that any change in T is caused by different

outflow temperature (To). In the simulations discussed here, genesis-weighted To

match closely the average temperature at ∼100 hPa, where the thermal inversion

marks the tropopause. Thus it is reasonable to think of the decrease in T as a

consequence of the warming at 100 hPa, as opposed to a change of the outflow level.

The vertical distributions of the tropical-mean changes in air temperature are plotted

in Figure 4.8. In response to forced radiative heating (Figure 4.2), the troposphere

undergoes modest warming, which is typically confined to be less than 0.5 K below
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Figure 4.8: Vertical distributions of the tropical-mean changes in air temperature
(K).

200 hPa by fixed surface temperature and moist adiabat. The surface control starts

to loosen as one moves above 200 hPa (Lin et al., 2017). Strong warming is present

in all non-BL cases, reaching about 1.4 K at 100 hPa in 10X and FL. The upper-

tropospheric response is rather muted in BL. The warming caused by doubling CO2

(about 0.5 K at 100 hPa) is in line with what Lin et al. (2017) found with a different

GFDL model. These results can explain why atmospheric heating, when located in

the free troposphere, causes the thermodynamic efficiency term to decrease.

The strong dependence of the TC response on the vertical structure of imposed ab-

sorption motivates us to examine the energy balance within the atmosphere’s interior

for the FT and BL cases (Figure 4.9). At each level, the BC-induced shortwave ab-

sorption increase (SW) must be compensated by changes in longwave radiation (LW),

latent heating from the model’s convection parameterization (CV) and large-scale

cloud scheme (LS), and sensible heating from sub-grid vertical diffusion (VD) and
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Figure 4.9: Tropical-mean changes in atmospheric heating rates (K day−1) in FT and
BL. They include shortwave radiation (SW), longwave radiation (LW), convective
(CV) and large-scale (LS) latent heating, and vertical diffusion (VD) and dynamical
advection (DY) of sensible heat.

grid-scale dynamical advection (DY). Note that the vertically-integrated advection

term is practically zero, suggesting negligible change in atmospheric energy transport

out of the tropics under fixed SST (Held, 2001).

For the FT case, the additional shortwave heating is balanced primarily through

reducing convective and large-scale latent heating in the lower and mid-troposphere,

the root cause of suppressed precipitation. Radiative to first order, the upper-

tropospheric energy balance (above ∼100 hPa) is re-established by enhancing long-

wave cooling, which is realized through localized warming. In contrast, the reduc-

tion in sensible heating plays a leading role in counteracting boundary layer heating,

while convective heating also decreases. These adjustments take place almost entirely

within the boundary layer, and the upper troposphere is unchanged.
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The PI decomposition also provides important insights into why BC over the

ocean is more effective than that over the land in altering TCs. The tropical-mean

contribution from latent heating in OCEAN is more than twice of that in LAND (Ta-

ble 4.1) due to the abundance of moisture over the ocean. The role of latent heating

is further amplified by genesis weighting, which favors the moist deep tropics over

the dry subtropics. As a result, the decrease in the enthalpy difference term (δE) in

OCEAN is more than three times of that in LAND (Table 4.3). From the perspective

of thermodynamic efficiency (δT ), the tropical-mean 100-hPa or outflow temperature

(To) increase in OCEAN is about twice of that in LAND (Figure 4.8), approximately

proportional to the shortwave heating rate (Figure 4.2). This is attributed to oceanic

BC being more elevated, and gravity waves being effective at propagating temperature

anomaly throughout the tropical free troposphere (Sobel et al., 2001).

4.4 Discussion

Although the initial perturbation by BC is entirely in the shortwave, the subsequent

fast adjustment gives rise to a substantial reduction in longwave absorption (Table

4.1). In the 10X case, the magnitude of the latter is about 30% of the shortwave

absorption. If one thinks of the longwave absorption as the divergence between surface

and TOA fluxes, about half of δAL can be attributed to increased OLR, and the other

half to decreased net surface longwave flux into the atmosphere. Both are linked

partly to atmospheric warming. The clear- and cloud-sky components of δAL have

similar magnitudes, and more interestingly, the latter takes place almost entirely over

the ocean, which is even the case for LAND, indicating that BC tends to decrease

high cloud cover (and thus increase OLR). The high cloud change can be ascribed

to suppressed precipitation as high cloud cover and the associated longwave cloud

radiative effect (CRE) are known to be tightly coupled to precipitation, both in
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models and in observations (Hill et al., 2018). Note that CO2 leads to an increase

in shortwave absorption, which is coincidentally also 30% of the imposed longwave

absorption (Table 4.1). This exclusively clear-sky effect suggests that higher water

vapor concentrations may be the cause. Further effort is needed to understand why

there is no change in CRE given the decreased precipitation.

The atmospheric energy balance argument does not distinguish shortwave and

longwave absorption, and what matters is the combined effect. Our results confirm

that the downstream impacts on precipitation and TC activities are indeed approxi-

mately proportional to the total (shortwave plus longwave) absorption. This is con-

sistent with the reduction in mean precipitation and frequency of ascending motions

in Chapter 2. In this sense, the aforementioned fast adjustment has a tendency to

dampen the effect of BC, but enhance the effect of CO2. This insight helps understand

a key finding by Emanuel and Sobel (2013). In that study, the authors conducted

a series of radiative-convective equilibrium simulations with a single column model,

and showed that precipitation and PI are less sensitive to SST in CO2 warming ex-

periments than in prescribed SST experiments. We argue that the disparity can be

thought of as a manifestation of the fast response to CO2-induced absorption. Specif-

ically, at ∼32X CO2 (∼37◦C), the difference from 1X CO2 with a prescribed SST of

∼37◦C amounts to about 0.8 mm day−1 (or 23 W m−2) in precipitation. Our work

based on a GCM suggests a reduction in precipitation of 2.4 W m−2 per doubling

of CO2 or 12 W m−2 for 32X. Given how vastly different the two models are, it is

encouraging to see that the simulated (inferred) fast responses to CO2 agree with

each other within a factor of 2.

In addition to the shared pathway of curtailing surface enthalpy supply, BC is

more effective than CO2 at altering the upper-tropospheric temperature and thus

thermodynamic efficiency. This motivates us to conduct an experiment in which only

BC above 200 hPa is increased by 10 times. The resulting warming is confined locally
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with a magnitude comparable to 10X, while the surface enthalpy does not change.

The fractional change of E is -1.7%, similar to what is in FT (-2.1%). While there

is no statistically significant change in TC frequency in this experiment, the reduc-

tion in intensity is comparable to FT, especially for winds stronger than 35 m s−1.

Taken together, our results suggest that the thermodynamic efficiency term is more

important than the enthalpy difference term in affecting TC intensity.

Although it is fully possible that the offline aerosol climatology used in HiRAM

may overestimate the amount of upper-tropospheric BC (Koch et al., 2009), there are

observational evidences suggesting that aerosols and their precursors can be trans-

ported to the upper troposphere and lower stratosphere by deep convection associated

with Asian summer monsoon (Yu et al., 2017). Our work shows that the upper-

tropospheric temperature is susceptible to even a small radiative perturbation, and

the influence of regional aerosols can be felt throughout the tropics. Therefore, the

elevated aerosols may have an important effect on TC formation even when they are

relatively removed from the main development regions.

BC can potentially affect TCs through cloud microphysics, or the indirect effects.

Although cloud processes (such as latent heat release and re-evaporative cooling)

are central to TC dynamics, the indirect effects do not alter the atmospheric ener-

getics or thermal structure directly. So, many of the intuitions developed here for

radiative perturbations may not be applicable to microphysical perturbations. While

HiRAM does not consider the indirect effects, some of the results of Chapter 3 might

be potentially relevant to the GCM context. In particular, one might expect the

increase in upper-tropospheric temperatures under increased cloud droplet number

concentrations (Chapter 3) to reduce TC intensity.
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4.5 Conclusions

This work addresses the direct radiative effect of BC on TC frequency and intensity

with an atmospheric model capable of simulating a realistic TC climatology. We

consider the impacts of a tenfold increase in BC as compared to CO2 doubling, fo-

cusing on the differences that arise due to the magnitude and distribution of BC

perturbations.

There are statistically significant decreases in TC frequency in all the BC cases

with free-tropospheric perturbations, even when BC is placed solely over the land. In

contrast, the boundary layer BC in isolation does not have an appreciable effect. The

lowering of TC frequency correlate well with the reductions in convective activities, as

measured by genesis-weighted precipitation and mid-tropospheric ascent. The latter

is attributed to added free-tropospheric heating cutting down the need for latent

heating. The boundary layer heating, on the other hand, is mostly communicated

downward toward the surface by adjusting sensible heating.

As a characteristic difference between the two forcings, BC causes TC intensity

to decrease substantively, while CO2 does not. This cannot be explained by PI,

as it shows similar decreases in response to the two forcings. An inspection of the

thermodynamic efficiency term of PI indicates that BC, when placed in the upper

troposphere, can induce significant warming locally, and thus lower the thermody-

namic efficiency in a way that uniformly distributed CO2 cannot. This suggest that

thermodynamic efficiency may be particularly relevant to understanding TC intensity

changes.
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Chapter 5

The effect of surface warming on

cold surges over the Maritime

Continent

5.1 Introduction

The Maritime Continent (Ramage, 1968) comprises of the islands and their surround-

ing oceans that separate mainland Asia from Australia. Its position on the Western

Pacific Warm Pool also makes it one of the rainiest locations on the globe (e.g. Wang

et al., 2014a; Yamanaka et al., 2018), earning it the name of the “boiler-box” of the

atmosphere (Simpson et al., 1993). During boreal winter (December to February, or

DJF), the intense latent heat release over the Maritime Continent significantly im-

pacts North America and northeast Eurasia weather through the generation of Rossby

waves (Neale and Slingo, 2003).

Chang et al. (2005) identified cold surges to be a major synoptic contributor

to boreal winter precipitation, alongside a quasi-stationary low-level vortex centered

over Borneo (Cheang, 1977) and the Madden-Julian Oscillation (MJO). The surges

77



can be thought of as a consequence of Rossby waves (Lim and Chang, 1981; Chang

et al., 2016) excited by the movements of the Siberian High (Ding, 1993). As the

cold surge winds pass over the South China Sea, they are warmed and moistened

by surface fluxes (Johnson and Houze, 1987). As such, the cold surges are linked to

precipitation extremes in the Maritime Continent (Tangang et al., 2008; Pullen et al.,

2015; Lim et al., 2017). Cold surges also interact with the other boreal winter synoptic

features, serving to spin-up Borneo vortices (e.g. Koseki et al., 2014) and possibly aid

the MJO in propagating across the Maritime Continent (Pang et al., 2018). Thus,

cold surges have both direct and indirect influences on the boreal winter circulation.

Given the contributions of cold surges to both local precipitation and global latent

heat release, it is important to understand how the behavior of such surges would

change as the climate warms. An observational analysis reveals that the easterly

component of the surges have strengthened from 1962-2007, with no significant change

in the northerly component (Juneng and Tangang, 2010), which the authors suggest

might be linked to trends in the Siberian High. Over the past few decades, trends

in the Siberian High have switched from weakening over 1976-2000 (Gong and Ho,

2002) to strengthening from 1996-2015 (Zhao et al., 2018c), complicating attempts

to connect trends in surges and Siberian High strength in observations. As yet, the

issue of future changes in cold surge strength has yet to be examined in a GCM.

One concern with using GCMs to study changes in Maritime Continent climate is

the substantial bias in regional precipitation simulated by coupled GCMs (Raghavan

et al., 2017).

As a first step, we use atmospheric GCMs with prescribed SSTs so as to eliminate

effects of the bias from SSTs simulated by coupled models. For example, Toh et al.

(2018) find that atmospheric GCMs outperform their coupled counterparts in simu-

lating the global monsoon, which is linked to model skill in simulating precipitation

over the Maritime Continent. In addition, the GFDL AM4 has a realistic climatology
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of synoptic-scale features such as tropical cyclones (Zhao et al., 2018a) and monsoon

depressions (Adames and Ming, 2018). Hence, we are encouraged to apply the model

to studying the response of cold surges to surface warming.

Section 2 describes the methods used in this study. We evaluate AM4 in Section 3.

The results of the warming perturbations are presented in Section 4, with a discussion

and summary in Section 5.

5.2 Methods

5.2.1 Model, data and experiments

AM4 uses a finite-volume cubed-sphere dynamical core with 33 vertical levels (Zhao

et al., 2018b). The double-plume scheme is based on the Bretherton et al. (2004) shal-

low convection scheme used in the GFDL HiRAM (Zhao et al., 2009), with a second

plume to represent deep convection. The base AMIP (1979-2014) simulation (denoted

by AM4) is performed using prescribed monthly SSTs and sea-ice concentrations at

a horizontal resolution of 50 km. AM4 is evaluated using the daily (0000 UTC) zonal

and meridional winds, specific humidity, temperature, and mean sea level pressure

(MSLP) from ERA-interim, as well as the daily mean precipitation from TRMM 3B42

(1998-2014).

Two perturbation experiments are performed to examine the role of mean and

spatial SST changes. In the 2K experiment, SSTs are increased uniformly by 2K. The

P1 experiment makes use of warming and preindustrial simulations using the GFDL

CM3 (Paynter et al., 2018). In the preindustrial CM3 simulation, all radiative forcing

agents are set at 1850 levels. In the CM3 warming simulation, CO2 increases from the

preindustrial level (286 ppmv) by 1% per year until doubling at year 70, after which

CO2 is held constant at 572 ppmv. The prescribed anomaly in the P1 experiment is

the difference (warming minus preindustrial) in SSTs and sea ice averaged over years
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70-100 of the CM3 simulations (personal communication, Paynter, 2019). After the

introduction of the sea ice perturbation, the sea ice fractions prescribed in the P1

experiment were adjusted to be within zero and unity. The first year is discarded as

spinup, and the remaining years (1980-2014) are used for analysis.

5.2.2 Definition of cold surges

The definition of a cold surge combines wind and sea level pressure indices, as sug-

gested by Lim et al. (2017). The wind index is calculated using 850 hPa winds

averaged over the latitude and longitude bounds of 5◦-10◦N and 107◦-115◦E (lower

red box in Figure 5.1), while the pressure index is the maximum of MSLP over the

latitude and longitude bounds of 18◦-22◦N and 105◦-122◦E (higher red box in Fig-

ure 5.1). The wind threshold for identification of a cold surge is set at 0.75 standard

deviations above the long-term mean in the simulation climatology, calculated sepa-

rately for ERA and each model simulation. Similarly, the pressure threshold is set at

the long-term mean in the climatology for each simulation. In ERA, this time-mean

sea level pressure is 1020 hPa, which is an operational threshold used in the region

(Lim et al., 2017). A surge day occurs when the wind and pressure indices both

exceed their respective thresholds.

5.2.3 Weather regime classification

Following Hassim and Timbal (2019) (HT19), eight weather regimes are identified

by k-means clustering of standardized ERA reanalysis data from a 0.125◦ by 0.125◦

grid box over Singapore (1.375◦N, 103.875◦E) using temperature, specific humidity,

zonal and meridional winds from 12 pressure levels: 1000, 925, 850, 700, 600, 500,

400, 300, 250, 200, 150 and 100 hPa. Similarly, eight weather regimes are identified

in AM4 using data from the same pressure levels over the grid box containing Sin-
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gapore. The standardization1 (subtracting the mean and dividing by the standard

deviation) makes the classification potentially sensitive to small changes (e.g. due to

interpolation) in upper level specific humidity. To assess the robustness of the fea-

tures identified by the regime analysis, we also perform the same classification by (i)

excluding specific humidity above 300 hPa (S300), (ii) using data from only 1998-2014

(1998), (iii) using data from 1998-2014 and excluding specific humidity above 300 hPa

(1998 S300). Since our focus is on DJF precipitation, we restrict our analysis to the

three most frequent regimes in DJF. To aid comparison between AM4 and observa-

tions, the regimes are numbered in descending order of vertically-averaged relative

humidity averaged over each regime.

5.2.4 Statistical significance

The significance of a change in weather regimes is evaluated with respect to the

robustness of the feature across the sensitivity cases. Otherwise, significance is evalu-

ated using a t-test at the 95% confidence interval, treating each season (DJF of each

year) as an independent sample.

5.2.5 Moisture budget analysis

In steady state, the difference between DJF mean (overline) precipitation (P ) and

evaporation (E) is equal to the convergence of moisture flux (e.g. Li and Ting, 2017).

In pressure coordinates, this is written as:

P − E = ∇ ·
∫ pt

ps

1

g
uqdp, (5.1)

where ∇ is the horizontal gradient operator, ps is the lowest model level, pt is the

highest pressure level, u is the horizontal wind vector and q is specific humidity.

1Standardization should be distinguished from normalization, which returns values within the
range of zero and unity.
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Changes in Equation 5.1 can be written as a combination of changes in the mean

circulation (MC = ∇ ·
∫ pt
ps

1
g
uqdp) and a residual (RESID) comprising of changes in

transient eddies as well as changes in P − E, i.e.

δP = δE + δMC + δRESID (5.2)

Changes in MC can then be decomposed into a thermodynamic (TD) component due

to changes in mean moisture content (∇·
∫ pt
ps

1
g
uδqdp) and a dynamic (DY ) component

from changes in mean circulation (∇ ·
∫ pt
ps

1
g
qδudp). The analysis is conducted with

DJF-mean output.

5.3 Evaluation of AM4

5.3.1 Weather regimes

Figure 5.2 shows the representation of moisture (in the form of relative humidity

(RH) and equivalent potential temperature θe), temperature and winds averaged

over regimes 1-3 (R1-3) in OBS and AM4. Just as in OBS, R1 (R3) has a higher

(lower) RH relative to climatology, with R2 being close to climatology (Figure 5.2a,e).

Using equivalent potential temperature as a measurement of moisture (Figure 5.2b,f)

yields the same qualitative conclusion. The northerly to northeasterly winds of the

regimes are also captured well by AM4 (Figure 5.2c,g). Low level (e.g. below 800

hPa) temperatures are cold relative to climatology (Figure 5.2d,h). On the whole,

it is encouraging that the qualitative differences between the thermodynamic (tem-

perature, moisture) and dynamic (wind) quantities in the regimes are captured by

AM4.

The precipitation averaged over R1-3 are shown in Figure 5.3. Of particular in-

terest is R1, which is linked with surge rainfall (see dicussion of the Moist North East
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regime in Hassim and Timbal, 2019). AM4 is able to capture the spatial variation in

precipitation between regimes, with heaviest precipitation over the western Maritime

Continent in R1 and the shift in precipitation to over the eastern/southeastern Mar-

itime Continent in R2-3. The contrast in precipitation over the islands of Sumatra

and Borneo (in R1) and the Philippines (R2) versus the surrounding ocean is sharper

in OBS than in AM4.

Table 5.1: The relative frequency (fraction) of the three most frequent weather regimes
in DJF, and their sum, in observations (OBS) and in AM4, in descending order of
dryness (vertically-averaged relative humidity). Values significantly different from
AM4 are in bold.

OBS AM4
R1 0.25 0.25
R2 0.30 0.24
R3 0.27 0.28
SUM 0.82 0.78

The frequency of weather regimes in DJF is presented in OBS and AM4 (Ta-

ble 5.1). As an approximation, regimes R1-3 can be thought of as each occurring

about 30% of the time. R1-R3 comprise the bulk (more than 78%) of the number

of days in DJF, justifying our exclusion of the other regimes. Since our focus is on

surge rainfall (R1), the frequency of R2 in AM4 being lower than in OBS is not a

major concern. On the whole, we regard inter-regime variability as being represented

adequately by AM4.

5.3.2 Cold surges

Over the Maritime Continent, we can think of DJF precipitation (P ) as depending

on the sum of precipitation from surge (Ps) and non-surge (Pn) events as well as the

surge frequency (fs):

P = fsPs + (1− fs)Pn. (5.3)
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Table 5.2: The mean and standard deviation (std) components of the wind index,
the pressure index, and the surge frequency (fs, unitless). Winds are given in m s−1

and SLP in hPa. Values significantly different from AM4 are in bold.
OBS AM4 2K P1

Wind index (mean) 8.4 9.5 9.5 9.4
Wind index (std) 2.7 3.5 3.6 3.6
Pressure index 1022 1021 1023 1022
fs 0.20 0.17 0.18 0.17

Table 5.2 lists the values of the indices in ERA (OBS) and in the model simula-

tions, and the surge frequency. Both the mean and standard deviation components

of the wind index is larger in the model simulations than in observations. There are

also slight (1-2 hPa) differences in the pressure index across OBS and simulations.

After incorporating the differences in wind and pressure into the threshold, there is

no significant change in surge frequency across OBS and the simulations. In other

words, AM4 has a realistic representation of the probability distribution of surge

versus non-surge events.

The spatial pattern of P , Ps, and Pn in OBS are shown in Figure 5.1a-c, with the

corresponding AM4 quantities in Figure 5.1d-f. The red boxes are the regions used

to calculate the wind and pressure indices. In the simulation of mean precipitation P

(Figure 5.1a,d), AM4 captures both the broad stretch of precipitation over 10◦S-5◦N,

with northeasterly winds over the South China Sea. One caveat is that precipitation

averaged over the seas around Borneo (black box, 5◦S-10◦N, 100-120◦E) is 24% smaller

in AM4 (5.7 mm day−1) compared to OBS (7.5 mm day−1). During surge days,

precipitation increases by about 40% in AM4 to 7.9 mm day−1, accompanied by a

strengthening of northeasterly winds, just as in OBS (41% increase to 10.6 mm day−1)

(Figure 5.1b,e). Precipitation averaged over non-surge days (Pn) is distributed over

10◦S-5◦N (Figure 5.1c,f), similar to that of P . The surge anomalies in OBS (Figure

5.4) are more sharply aligned along the South China Sea than in AM4, presumably

due to the coarse resolution of the island topography in AM4. Nevertheless, the
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overall strengthening of the northeasterly surge flow confirms that AM4 performs a

physically realistic simulation of the surge features.

5.4 Results

5.4.1 Temperature and precipitation

Figure 5.5 shows the changes in DJF surface temperature (Ts) in the warming ex-

periments. Changes in global mean temperatures (parantheses in Figure 5.5) are

approximately equal (within 0.2 K), and the Maritime Continent warms by close to

2 K (within 0.1 K) in both experiments. In the Arctic (60-90◦N), the increase in Ts in

P1 (11.2 K) is much larger than that in 2K (3.6 K), a substantial Arctic amplification

that is more than four (4.4) times the increase in global mean Ts (2.5 K). The differ-

ences in surface temperature serve to influence the zonal-mean temperature structure

of the atmosphere (Figure 5.6). In 2K, tropical (30S-30N) upper-tropospheric (300

hPa) temperatures increase by 4.2 K, greater than the increase in low-level (850 hPa)

Arctic warming (3.0 K). The opposite is true in P1, where low-level Arctic warming

(7.7 K) is almost double that of the tropical upper-tropospheric warming (4.0 K). The

two experiments are therefore well-suited to comparing the influence of local versus

remote SST changes on surge precipitation.

The changes in surge (Ps) and DJF precipitation (P ) are shown in Figure 5.7.

Warming increases Ps in both experiments (Figure 5.7a-b), with an enhancement of

the northeasterly winds forming a cyclonic circulation over the South China Sea. The

increase in surge precipitation around Borneo in P1 (2.5 mm day−1) is almost double

(79%) that of 2K (1.4 mm day−1), with a sharper turning of the winds over the South

China Sea. Just as in Ps, increases in P (Figure 5.7c-d) are also accompanied by

strengthening of the northeasterly circulation. In both experiments, the fractional

changes in surge precipitation and mean precipitation (values in parantheses) agree
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to within 5%. This suggests that the DJF moisture budget is a useful way to gain

insight into the mechanisms behind the changes in surge precipitation, as well as the

differing responses between 2K and P1.

5.4.2 Moisture budget analysis

Figure 5.8a-d shows the changes in E, MC (Equation 5.2) and the decomposition of

MC into TD and DY in 2K. The area-averaged value over the ocean around Borneo

(black box) is given in the top left corner. The increased evaporation due to surface

warming (Figure 5.8a) has little spatial structure over the oceans around Borneo. The

largest contributor arises from the mean circulation MC, accounting for the spatial

structure of P , as well as most (78%) of the increase in P (Figure 5.8b). In the ocean

around Borneo, changes in RESID (not shown) are the smallest term. Changes

in MC come mostly from the thermodynamic (TD, Figure 5.8c) as opposed to the

dynamic component (DY , Figure 5.8d). As such, the increase in precipitation in 2K

can be thought of as a consequence of increased moisture availability due to surface

warming, with circulation changes having a relatively small influence.

The corresponding terms for P1 are presented in Figure 5.8e-h. The increase in

evaporation (Figure 5.8e) is approximately (within 0.1 mm day−1) that of 2K (Figure

5.8a), consistent with the similar surface warming over the Maritime Continent (Fig-

ure 5.5). The difference between P1 and 2K is primarily attributed to the response of

MC (Figure 5.8f), with small changes in RESID (not shown). The TD component

of MC in P1 is similar (within 0.1 mm day−1) to that of 2K, with the difference

arising almost entirely from the large increase (1.1 mm day−1) in the DY component.

This implies that in addition to the similar effects of increased moisture to those in

2K, P1 is also influenced by changes in the large scale circulation.
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5.4.3 Connections with large-scale environment

A useful indicator of changes in the large-scale circulation is sea level pressure (SLP,

Figure 5.9). In 2K, there is a SLP dipole pattern of a high over the extratropics and

a low over the polar regions centered at approximately 50 N. When averaged over the

Siberian High (rectangle, 40◦-60◦N, 80◦-120◦E, e.g. Wu and Wang, 2002), the change

in sea level pressure (-0.3 hPa) is insignificant, consistent with the thermodynamic

changes playing a larger role than the dynamic changes. In P1, the center of the SLP

dipole shifts northward, increasing pressure over the whole Siberian High (2.4 hPa),

consistent with the stronger dynamic component in the moisture budget of P1.

From hydrostatic balance, one would expect the changes in SLP to be related to

temperature anomalies in the atmosphere. Figure 5.10 shows the changes in upper-

tropospheric (300 hPa) temperature (contours) and winds (vectors). In 2K, there is

an increase in the zonal mean jet favoring advection from west Eurasia into the region

of the Siberian High, and temperatures over the Siberian High (parantheses) warm

by 1.9 K. The winds take on an easterly component in P1, favoring southwestward

advection of Arctic air towards the Siberian High. The temperature increase over the

Siberian High in P1 is about half (1.1 K) of that in 2K, despite the similar changes

in global-mean temperature. Similarly, in the lower troposphere (700 hPa, Figure

5.11), the temperature change over the Siberian High is smaller in P1 than in 2K,

accompanied by easterly winds.

5.5 Conclusions

5.5.1 Discussion

Given that the forcings in our experiments differ most over the Arctic, it is rea-

sonable to attribute the differences in circulation to the extent of Arctic warming.
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Indeed, modeling studies forced with sea ice reductions over the Barents-Kara seas

have exhibited a pattern of warming over the Arctic and a cooling over Eurasia, and

a strengthening of the Siberian High, with various different explanations being pro-

posed. Kim et al. (2014) propose that sea-ice loss increases the intensity of upward

propagating wave activity that weakens the stratospheric polar vortex. They suggest

that the weakened polar vortex favors a negative phase of the Arctic oscillation, which

is known to correlate with increased strength of the Siberian High in observations (Wu

and Wang, 2002). Honda et al. (2009) have suggested that heat fluxes from areas of

sea ice loss can trigger stationary Rossby waves that favor southwestward advection

of cold anomalies into the region of the Siberian High. Both these mechanisms appear

consistent with the jet and temperature changes in Figure 5.10.

We also caution that the response in P1 should not be taken as representative of

all models. In general, coupled models disagree on the sign of wintertime changes

in zonal-mean wind and jet speed, at least over the North America/North Atlantic

region (Barnes and Polvani, 2015). As a specific example, the global warming ex-

periment of Lu et al. (2008) has similar (about 4 K) warming in both the tropical

upper-troposphere and the Arctic lower-troposphere, and predicts a strengthening of

mid-latitude zonal mean winds around 50◦N. In this respect, the response in their

experiment is more similar to our 2K experiment than our P1 experiment. Instead,

we hope that our work will motivate further research on constraining the effects of

Arctic changes on the deep tropics.

5.5.2 Summary

We examine the response of boreal winter cold surges over the Maritime Continent

to surface warming using an atmospheric GCM forced with a uniform and realistic

scenario of sea surface warming. The realistic scenario features a strong Arctic am-

plification pattern. Surge precipitation increases in both warming experiments, with
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a larger increase in the realistic scenario. The increase in surge rainfall can be inter-

preted as an enhanced version of the increase in DJF precipitation over the Maritime

Continent. In the uniform warming scenario, the increase in precipitation can be

mainly attributed to increases in evaporation and increased moisture advection by

change in the moisture gradient. In addition to these effects, the realistic scenario

features a large increase in moisture advection from a strengthening of the north-

easterly winds, consistent with a greater strengthening of the Siberian High. The

projected enhancement of boreal winter precipitation over the Maritime Continent

has implications for both local precipitation extremes as well as the teleconnections

over the extratropics.
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Figure 5.1: Precipitation (mm day−1, contours) and low-level (850 hPa) winds (m
s−1, vectors) averaged over all (a) DJF days (b) surge days (c) non-surge days. The
precipitation averaged over the oceans around Borneo (within the black box) is given
in the top left hand corner. The red boxes are used in the definition of the surges
(see Methods). (d-f) As in (a-c), but for AM4.

90



0.4 0.7 1.0
RH

500

750

1000

(a) 
OBS

0.4 0.7 1.0
RH

(e) 
AM4

320 335 350
θe (K) 

500

750

1000

(b) 

320 335 350
θe (K) 

(f) 

1 2 3
Wind profile of regime

500

750

1000

(c) 4 m s−14 m s−14 m s−1

1 2 3
Wind profile of regime

(g) 

2 0 2
T (K) 

500

750

1000

(d) 

2 0 2
T (K) 

(h) 

Clim

R1

R2

R3

h
P
a

Figure 5.2: Climate variables used to perform the weather regime classification in
OBS: (a) relative humidity (RH, fraction), (b) equivalent potential temperature (θe,
K), (c) wind vectors (m s−1), (d) temperature anomalies relative to the annual mean
(K). The dashed lines represent the annual climatological mean. (e-h) As in (a-d),
but for AM4.
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Figure 5.3: (a-d) Precipitation (mm day−1, contours) and low-level (850 hPa) winds
(m s−1, vectors) averaged over the days in R1-R4 in OBS, respectively. (e-h) As in
(a-d), but in AM4.
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Figure 5.4: (a) Precipitation (mm day−1, contours) and low-level (850 hPa) winds (m
s−1, vectors) due to surges in OBS (i.e. (b)-(c) in Figure 5.1). (b) As in (a), but for
AM4. The precipitation averaged over the oceans around Borneo (within the black
box) is given in the top left hand corner. The red boxes are used in the definition of
the surges (see Methods).
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Figure 5.7: The changes in (a) surge and (b) DJF precipitation (mm day−1, contours)
and 850 hPa winds (m s−1, vectors) in 2K. The percentage increase in precipitation
over the ocean around Borneo (box) is given in the top left corner, with the percentage
increase in parantheses. (c-d) As in (a-b), but for P1.
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Figure 5.8: Changes in (a) evaporation (E), (b) advection of moisture by the mean
circulation (MC) and its (c) thermodynamic (TD) and (d) dynamic (DY ) compo-
nents in 2K. Values averaged over the surge area (box) are given in the top left corner.
(e-h) As in (a-d) but for P1. All values are in mm day−1.
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Figure 5.9: Geographical changes in sea level pressure (SLP, hPa) for (a) 2K and
(b) P1 in DJF. Changes averaged over the Siberian High (rectangle) are given in
parantheses.
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Figure 5.10: Geographical changes in 300 hPa temperature (T300, K) (contours) and
winds (vectors) for (a) 2K and (b) P1 in DJF. Temperature changes averaged over
the Siberian High (rectangle) are given in parantheses.
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Figure 5.11: As in Figure 5.10, but for 700 hPa temperature (T700, K). Missing
values due to the presence of topography have been masked in gray.
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Chapter 6

Conclusions

6.1 Summary and implications

Greenhouse gases and absorbing aerosols are the strongest anthropogenic sources of

radiative heating. In addition, aerosols alter cloud droplet number concentrations,

thereby affecting cloud microphysical processes. The thesis explores the role of both

small-scale atmospheric processes (Chapters 2-3) and the large-scale circulation re-

sponse (Chapters 4-5) in shaping the response of tropical precipitation to these major

forcings.

Chapters 2-3 make use of cloud-resolving model simulations in the setting of

radiative-convective equilibrium to uncover the mechanisms through which the atmo-

sphere responds to radiative and microphysical perturbations such as those caused

by aerosols and greenhouse gases. In Chapter 2, we find that the decrease in mean

rainfall under atmospheric heating in simulations with a cloud-resolving model is

largely achieved by a reduction in weak events. The precipitation from strong events

is maintained by a cancellation between increases in boundary layer moisture and

reduction in updraft frequencies. A boundary layer energy analysis finds that the

free-tropospheric heating is mostly communicated to the boundary layer through re-
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ducing re-evaporation, and a predictive theory for changes in sensible heat is proposed.

The results have implications for both predictions of future changes in the intensity

distribution of precipitation as well as analytic theories of boundary layer climate

sensitivity.

Chapter 3 shows that an increase in cloud droplet number concentrations due

to elevated aerosol concentrations can increase convective mass flux even in the ab-

sence of ice microphysical processes. Further sensitivity tests indicate that the extent

of this convective invigoration depends more strongly on the evaporation of cloud

condensates as opposed to rain condensates. Based on microphysical and energetic

considerations, we propose a mechanism through which the increased cloud droplet

number concentrations affect the convective mass flux. The identification of the key

microphysical processes underlying convective invigoration will aid model developers

and users in selecting the appropriate amount of microphysical complexity in their

examination of aerosol-convection interactions.

Chapters 4-5 present results with comprehensive global climate models forced

with idealized atmospheric and surface perturbations reflecting the heating impacts

of greenhouse gases and absorbing aerosols. In Chapter 4, simulations from the GFDL

HiRAM indicate that a tenfold increase of black carbon reduces tropical cyclone (TC)

frequency by 21%. Sensitivity experiments are conducted to examine the relative

importance of the spatially inhomogenous horizontal and vertical distributions of

black carbon. Both black carbon over land and ocean contribute significantly to

the overall reduction, whereas boundary layer black carbon has no appreciable effect

compared to free-tropospheric black carbon. The reduction in TC frequency can be

related to the reduction in latent heating and the simultaneous weakening of the

mid-tropospheric vertical velocity. Black carbon also reduces TC intensity, whereas

a doubling of CO2 does not. The results are qualitatively in agreement with the

changes in potential intensity. Black carbon reduces potential intensity both through
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an increase in outflow temperatures and by moistening the boundary layer. The

warming lowers thermodynamic efficiency, which is consistent with the decreases in

intensity. This suggests that the mechanisms by which aerosols affect extreme weather

events might be more complex than that of well-mixed greenhouse gases.

Chapter 5 examines the response of boreal winter cold surges over the Maritime

Continent to uniform and realistic sea surface warming. Surge precipitation increase

in both warming experiments, with a larger increase in the realistic scenario. The

increase in precipitation in the uniform warming case is attributed to increases in

evaporation and increased moisture advection from a moister atmosphere. In addi-

tion to these effects, the realistic scenario shows effects from a strengthening of the

northeasterly winds, consistent with a strengthening of the Siberian High. The results

suggest that Arctic temperature changes may play a significant role in altering boreal

winter precipitation over the Maritime Continent, and its resulting teleconnections

to the extratropics.

6.2 Limitations and future work

Throughout this thesis, we have conceptually separated the response of tropical pre-

cipitation into fast and slow timescales, where sea surface temperatures are only

allowed to change in the latter. In practice, this separation is not perfect, and the at-

mospheric absorption can modify local SSTs on the convective overturning timescale

(20-30 days). One can estimate the magnitude of the temperature warming by con-

sidering the heat capacity of the mixed layer (e.g. Schollaert and Merrill, 1998); as

an upper bound, given a surface cooling of 10 W m−2 and assuming a mixed layer

depth of 20 m, SSTs would cool by 0.3 K per thirty days. The changes in surface

temperature would introduce an additional feedback to the atmospheric balance. An
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interesting extension to this work would be to compare our results with those of a

coupled ocean model.

Additional feedbacks must be considered when seeking to relate the idealized sim-

ulations in Chapters 2 and 3 to the full climate system. The prescribed radiation

does not account for the radiative feedback of the changes of clouds and water va-

por to heating. For example, the decrease in cloud cover would facilitate longwave

cooling from the surface to space, while the increase in water vapor would increase

the absorption of radiation. It is also known that updraft speeds themselves are a

major control on cloud droplet number concentration (Donner et al., 2016). Changes

in precipitation would also affect the removal of aerosols by wet deposition. Given the

ease with which one can utilize different physical parameterizations in WRF, a next

step would be to perform experiments that systematically build from the idealized

configuration towards a more realistic configuration. That would allow us to assess

the extent to which the response reflects forcings, as opposed to feedbacks.

The resolutions of our simulations should also be considered in the interpretation

of the results. Chapters 2 and 3 make use of simulations at a resolution of 2 km,

which might not completely resolve fine scale storm structures such as unsaturated

downdrafts within a convective event (e.g. Emanuel, 1981). These unsaturated down-

drafts could act to cool the boundary layer by modifying the exchange between the

free troposphere and boundary layer . It is possible that simulations at a much higher

resolution (on the order of 100m or less) would reveal a different balance between the

roles of re-evaporative cooling and exchange with the free troposphere.

The analysis of Chapter 4 focuses only on the direct effect of absorbing aerosols.

In light of the convective invigoration discussed in Chapter 3, it is possible that

the indirect effect would act to increase TC frequency. Simulations with interactive

radiation could further be used to assess if forcings in shortwave versus longwave
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might have effects on tropical cyclones via cloud feedbacks, or if the influence on TCs

is only due to the temperature changes in the upper troposphere.

While Chapter 5 has shown that high-resolution GCMs have skill in capturing

aspects of the boreal winter monsoon over the Maritime Continent, it is known that

resolution is not the only factor that controls model performance over this region (Toh

et al., 2018). The process of improving estimates of hydroclimate change over the

region will rely both on improvements at the process level and using observational con-

straints to exclude models with unrealistic simulations over the area. High-resolution

regional models can be used to determine the key surface and ocean processes that

need to be resolved in order to capture intraseasonal variability in the Maritime Con-

tinent (e.g. Office of Naval Research, 2017), thereby directing the development of

future GCMs. In the meantime, examining the physical processes simulated by the

GCMs, as in Chapter 5, will guide the selection of GCMs for the purpose of predicting

regional climate change.
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